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ABSTRACT 

Unlike interplate earthquakes which can be readily explained by relative motions 

at plate boundaries, intraplate earthquakes within stable continents have puzzled 

scientists for decades. To understand the velocity and anisotropy structures beneath the 

intraplate seismic zones and further constrain their cause, both body and surface wave 

tomography has been applied to some of the most significant intraplate seismic zones in 

the world.  

Pn tomography in the Central and Eastern United States reveals that the major 

intraplate seismic zones at New Madrid, Charleston, East Tennessee, and New England 

are all near the edges of high-velocity anomalies in the upper mantle. It indicates that the 

origin of intraplate earthquakes could be related to the rheological boundaries around 

rigid lithospheric roots where stress may accumulate. This idea is further supported by a 

Pn anisotropy model that shows large anisotropy (presumably local deformation) 

surrounding these high-velocity blocks.  

A joint teleseismic and local P tomographic study has been performed to explore 

the enigmatic intraplate earthquakes in the New Madrid seismic zone. The results show 

that the seismically active zone is associated with a local, NE-SW trending low-velocity 
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anomaly in the lower crust and upper mantle. Combining the result from Pn tomography, 

the low-velocity lithosphere is suggestive of a weak zone caused by local deformation 

due to rheological contrast. This weak source in the lithosphere may shift stress upwards 

when loaded, thus leading to repeated crustal earthquakes. 

   The northeastern Tibetan Plateau and North China are other areas where 

numerous intraplate earthquakes are located. Significant intraplate earthquakes have also 

occurred at the edges of the Ordos Plateaus and the Sichuan Basin that border the eastern 

Tibetan Plateau. Rayleigh wave tomography in this area demonstrates the presence of a 

low-velocity, presumably weak lithosphere beneath the northeastern Tibetan Plateau and 

a high-velocity, presumably rigid lithosphere beneath the Ordos and Sichuan blocks. 

Again, the earthquake locations are linked to the low-velocity lithosphere that surrounds 

rigid lithospheric roots, suggesting that the lithospheric rheology contrast may lead to 

intraplate seismicity. Moreover, the velocity and anisotropy models imply that an 

east-southeastward deformation field down to the asthenosphere exists in the study area. 

This deformation field is possibly associated with the escape tectonics and may also 

contribute to the occurrence of the intraplate earthquakes.  

 



Chapter 1: INTRODUCTION 

 

1.1 Intraplate Earthquakes 

Intraplate earthquakes, in contrast to interplate earthquakes that happen at plate 

boundaries, are defined to occur in normally stable plate interiors. Unlike frequent 

interplate earthquakes caused by the significant and persistent relative motions between 

plates, intraplate earthquakes are rare due to the slow deformation rates at intraplate fault 

zones. In terms of the numbers, interplate earthquakes at plate margins such as the 

circum-pacific subduction zone, the San Andreas transform fault, and the mid-ocean ridges, 

account for more than 90% of all the earthquakes in the world. Intraplate earthquakes that 

are far away from plate margins, however, only contribute ~0.5% to the global seismic 

energy release (Johnston and Kanter, 1990). Although intraplate earthquakes are generally 

sparse and small, sometimes their magnitudes can be very large and cause serious damage 

to human lives and properties. The New Madrid Seismic Zone (NMSZ) in Missouri and 

southeastern adjacent states is the largest intraplate seismic zone in the United States. At 

least three devastating earthquakes (M≥7.0) occurred here during the winter of 1811-1812 

and changed the course of Mississippi river (Johnston, 1996; Petersen et al., 2008). The 

U.S. Geological Survey reported that the NMSZ is one of the highest hazard zones in its 

National Seismic Hazard Map (Petersen et al., 2008) (Figure 1.1). Another significant 

intraplate seismic zone is in Charleston, South Carolina, which was struck by a M~7.3 

earthquake in 1886 (Johnston, 1996; Petersen et al., 2008). Both the New Madrid and the 

Charleston regions reach a hazard level comparable to the San Andreas area, the most 
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intense interplate seismic zone in the United States (Figure 1.1). A few examples of 

catastrophic intraplate earthquakes in other countries are listed below: the 1920 Haiyuan, 

China Earthquake (M~7.8) caused a death roll of 200,000; the 1976 Tangshan, China 

earthquake (M~7.5) took 255,000 people’s lives; the 2001 Bhuj, India earthquake (M~7.7) 

killed >20,000 people; the 2008 Wenchuan, China earthquake (M~7.9) caused 87,587 

deaths (http://earthquake.usgs.gov/regional/world/most_destructive.php).  

 

 

Figure 1.1 Reproduction of National Seismic Hazard Map of United States from Petersen 
et al. (2008). The intraplate seismic zones are marked as NMSZ (New Madrid Seismic 
Zone), ETSZ (East Tennessee Seismic Zone), CSZ (Charleston Seismic Zone), and NESZ 
(New England Seismic Zone). On the western coastline of the map is the interplate seismic 
zone of the San Andreas transform fault.  

 

To minimize the potential damage, it is important for us to understand the nature 

and origin of intraplate earthquakes. After decades of research, however, we still know 

very little about their mechanism. A key disadvantage in solving the problem is the very 

limited seismic data from intraplate earthquakes due to their much longer recurrence 

periods compared to interplate earthquakes. For example, the large seismic events in the 
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NMSZ are expected to only occur for every 500-1000 years (Tuttle et al., 2002; Tuttle et al., 

2005; Holbrook et al., 2006; Petersen et al., 2008). Another important factor is that the 

large recurrence rate allows long-time erosion and sedimentation, which typically bury the 

surface expression of intraplate earthquake faults. Last, intraplate earthquakes do not seem 

to necessarily connect with specific geological features, unlike interplate earthquakes that 

occur along plate boundaries. All of these pose difficulties for the hazard assessment of 

intraplate earthquakes. 

The cause of intraplate earthquakes is under debate. Some scholars attribute it to 

ancient weak zones such as failed intraplate rifts (Johnston and Kanter, 1990; Johnston et 

al., 1994). But not all of the ancient rifts are seismogenic, and a recompilation of the global 

earthquake catalogue within stable continents show that the correlation between the 

intraplate earthquakes and the ancient rifts may be overestimated (Schulte and Mooney, 

2005). Others think intraplate earthquakes may be triggered by a sudden stress change in 

the lithosphere caused by the post-glacial rebound (Grollimund and Zoback, 2001; Wu and 

Mazzotti, 2007). Other than those large-scale mechanisms, some local forces have also 

been considered, including the hypotheses of a recent sinking of the mafic intrusion that 

provides a gravitational pull (Grana and Richardson, 1996; Pollitz et al., 2001) and a 

sudden failure of a low-viscosity lower crust which could shift the stress upwards to the 

upper crust (Kenner and Segall, 2000). All of these hypotheses point to some abnormal 

structure in the lithosphere such as a weak zone in the lower crust or/and lithospheric 

mantle.  

To identify the seismic velocity anomalies and deformation features that further 

help constrain the cause of intraplate earthquakes, I have used seismic tomography and 
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anisotropy measurements to explore the enigmatic intraplate seismic zones. My study has 

focused on three different areas using three different tomographic methods: (1) Pn 

tomography and anisotropy in the Central and Eastern United States (Chapter 2) that 

covers the NMSZ, the Charleston Seismic Zone (CSZ), the East Tennessee Seismic Zone 

(ETSZ), and the New England Seismic Zone (NESZ), (2) Joint teleseismic and local P 

tomography in the NMSZ (Chapter 3), and (3) Rayleigh wave (surface wave) tomography 

and anisotropy in the northeastern Tibetan Plateau (Chapter 4) where intense intraplate 

seismicity occurred, including the 1920 Haiyuan and 2008 Wenchuan earthquakes. The 

tomography and anisotropy methods are introduced in the next two sections. 

 

1.2 Seismic Tomography 

The word “tomography” was originally used for a medical technique named 

“computer assisted tomography scan” (CAT-scan) that images human’s internal organs by 

using X-rays. Seismologists brought the tomography idea into the seismic world in 1974 

and published the first series of seismic tomography papers in 1976-1977 (e.g., Aki and 

Lee, 1976; Aki et al., 1976; Aki et al., 1977). Seismic tomography uses the P and S wave 

travel times as well as the surface wave data to map the velocity variations of the Earth’s 

interior. For the studies of earthquake tomography, the receivers are seismometers placed 

at the surface of the Earth and sources are earthquakes. The observed travel time data or 

waveform data are then used to invert for the velocity structure sampled by the seismic 

rays traveling from the earthquakes to the seismometers. The relationship can be 

expressed mathematically (Menke, 1989): 
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dmG              (1-1) 

where  is the input data vector of residuals (the difference between the observed and 

predicted travel times or waveforms), 

d

m  is the output model vector of the correction 

values for the velocity model, and  is the operation matrix of partial derivatives that 

links  to  based on the ray paths. The inverse process can be either linear or 

non-linear determined by the operation matrix . Seismic tomography theory generally 

consists of four steps: (1) model parameterization or finding the G  matrix, (2) 

calculating the predicted data vector using current velocity model (forward problem), (3) 

computing the corrections to the current velocity model using residuals (inverse problem), 

and (4) testing the model resolution. For most situations, the steps (1) through (3) are run 

iteratively. The 2-D and 3-D tomographic techniques help us to image the deep velocity 

structures in the crust and mantle, especially those anomalies associated with temperature 

change, fluid or partial melting, and subducting slabs. The velocity maps further help us 

understand the geodynamics between and within the plates as well as the physical 

processes controlling earthquakes. Different scales of the tomographic models are 

constructed by utilizing various seismic waves and different epicentral distances. The 

three tomographic methods used in my studies are briefly described below with 

schematic figures. More details can be found in the chapters 2-4. 

G

m d

G

Pn tomography utilizes the Pn phase (body wave) from regional seismograms to 

measure the 2-D lateral velocity variations in the uppermost mantle. Pn phase is a head 

wave that dives towards the Moho, then bends and travels horizontally along the top of 

the mantle, and finally bends up towards the receiver (Hearn, 1996; Liang et al., 2004) 

(Figure 1.2). The horizontal segment right beneath the Moho is used for mapping the 
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velocity perturbations in the lithospheric mantle. The earthquakes with epicentral 

distances between 2° and 14° are typically used to make sure that the Pn phase is the first 

arrival, which avoids the contamination from other phases. An advantage of Pn 

tomography is that it uses absolute travel times, so absolute velocities are resolved. I have 

applied Pn tomography to the Central and Eastern United States to construct a 2-D 

large-scale velocity map of the upper mantle (Chapter 2).   

 

 

Figure 1.2 Reproduction of schematic diagram of the Pn ray path from Liang et al. (2004).  

 

Teleseismic tomography is also called ACH tomography, named after the first 

formal tomographic paper (Aki et al., 1977). It uses teleseismic events that are often 

restricted with greater than 25° epicentral distances (Figure 1.3a). The large distances of 

the earthquakes allow us to assume that the seismic rays approach the stations as 

plane-waves and the relative travel time residuals are only a result of the velocity 

structure immediately beneath the local network of stations (Figure 1.3a). Thus, only 

relative travel times are considered for the inversion, and the precise locations and origin 

times of the sources are not important. The first arrival P wave is the most frequently 

used phase for teleseismic tomography. Based on the similarity of the teleseismic 
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waveforms, the relative travel times can be measured very precisely through a 

cross-correlation technique (VanDecar, and Crosson, 1990) that provides far more 

accurate readings than absolute travel time measurements. The maximum depth that 

teleseismic tomography can image varies from around one hundred kilometers to more 

than one thousand kilometers, depending on the size of the array. Because the incident 

rays are almost vertical, the vertical resolution of teleseismic tomography is generally 

poor.  

 

 

Figure 1.3 Reproduction of schematic diagram of the ray paths of teleseismic P waves (a) 
and local P waves (b) from Thurber (2003).  

 

Local tomography uses the absolute travel times (P or S waves) from local events 

to measure the velocity structures beneath the array (Figure 1.3b). Both events and 
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receivers are within the study velocity model. Because each entire ray path from the 

source to the receiver accounts for the travel time residual, the location and the origin 

time of every earthquake needs to be precisely known. The largest depth of the local 

tomographic model is limited to the maximum event depth that varies from tens of 

kilometers to hundreds of kilometers. Because the seismic rays cross one another quite 

often, the local tomography has better vertical resolution. Sometimes it is important to 

include the local data in the teleseismic tomography because the local data help constrain 

the shallow velocity structure. The joint teleseismic and local P wave tomography has 

been applied to the New Madrid Seismic Zone to image its lithospheric structure down to 

160 km (Chapter 3).  

Surface wave tomography utilizes Rayleigh waves or Love waves that propagate 

basically along the great circle paths of the Earth to map the phase or group velocities 

beneath the great circles (Figure 1.4). Because surface waves at a particular period are 

most sensitive to the velocity structure at the depth of their ~1/3 wavelength, the phase or 

group velocity variations with periods allow us to calculate the velocity model as a 

function of depth. As a standard process, the dispersion curve (the phase or group 

velocities at a series of periods) at each map point is taken to determine the shear wave 

velocities by a 1-D inversion. All the map points are later gathered to construct a 3-D 

shear wave velocity model in the study area. Traditional surface wave tomography uses 

either a single-station method or a two-station method. The single-station method needs 

an accurate knowledge of the source information, and the two-station method requires 

both stations to be at the same great circle from the source. These limitations greatly 

restrict the application of the surface wave tomography. A recent two-plane wave 
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approach (Yang and Forsyth, 2006) helps to take the advantage of the recorded 

information at all stations and exclude the influence of scatting and multipathing outside 

of the array. This advanced approach has been applied to my Rayleigh wave tomography 

study in the northeastern Tibetan Plateau (Chapter 4).      

 

 

Figure 1.4 Reproduction of schematic diagram of surface wave tomography for imaging 
the anomaly (shaded circle) from Nakanishi (1993). Note that the rays propagate along 
great circles at the Earth’s surface. 

 

1.3 Seismic Anisotropy 

Seismic anisotropy, defined as the dependence of seismic wavespeed on the 

direction of propagation, is a very important tool for imaging the deformation of the Earth’s 

interior. Although the origin of the anisotropy is not yet clearly resolved, the major cause is 

typically considered to be either shape-preferred orientation (SPO) or lattice-preferred 

orientation (LPO) (Fouch and Rondenay, 2006). The SPO is related to the cracks or 

inclusions such as fluid-filled cracks in the continental crust and melt-filled cracks in the 
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mid-ocean ridges. In the situation, the seismic fast direction is generally parallel to the 

crack plane, i.e., the compressional stress orientation. Normally, the SPO is thought to be 

only a local and shallow feature beneath continents (Fouch and Rondenay, 2006). In the 

upper mantle, where the high pressure forces the cracks to close, the LPO (alignment of 

anisotropic minerals) becomes the primary source for the seismic anisotropy. Studies have 

shown that the upper mantle (from Moho to ~660 km) accounts for most of the anisotropy 

beneath continents, while the crustal contribution is typically very small (Silver, 1996; 

Fouch et al., 2000). The highly anisotropic and dominant mineral in the upper mantle, 

olivine, is believed to be the main candidate for the LPO-caused anisotropy. The 

crystallographic axes of olivine are usually orientated according to the surrounding strain, 

so the seismic anisotropy caused by the olivine LPO can help us infer the internal 

deformation in the upper mantle. Two different hypotheses have been suggested for 

explaining the LPO-caused anisotropy beneath continents. The first hypothesis considers 

the anisotropy to be a “fossil” fabric in the lithosphere that records recent large tectonic 

events such as mountain building (Silver, 1996; Savage, 1999; Fouch et al., 2000). It is an 

appropriate explanation when the anisotropy matches the surficial geological observations, 

for example, when the fast seismic direction is parallel to the orogen strike, i.e., the 

extensional stress orientation. The other hypothesis suggests that the fast seismic direction 

presents the sub-lithospheric or asthenospheric flow direction (Silver, 1996; Savage, 1999; 

Fouch et al., 2000). It explains the situation when the fast direction is consistent with the 

Absolute Plate Motion (APM). 

Four common methods for imaging the continental seismic anisotropy (Park and 

Levin, 2002; Fouch and Rondenay, 2006) have been summarized here. (1) Shear wave 
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splitting, the most popular and unambiguous method, measures the fast shear wave 

direction and the travel lag time between the fast and slow split shear waves by using SKS 

phase primarily (e.g., Silver and Chan, 1991). Although powerful for resolving anisotropy, 

the splitting parameters only present the integrated anisotropy characteristic along the ray 

path, and thus do not provide the depth location of the anisotropy. (2) Resolving anisotropy 

terms simultaneously with the velocity terms during the tomographic inversion. This 

method has been applied to both Pn and Rayleigh wave tomography for resolving 

azimuthal anisotropy (e.g., Hearn, 1996; Yang and Forsyth, 2006). The anisotropy from Pn 

tomography provides a 2-D map of the lateral anisotropy variations right beneath the Moho, 

so it directly measures the anisotropy of the upper mantle. On the other hand, the Rayleigh 

wave tomographic inversion is able to resolve the azimuthal anisotropy at various periods. 

Therefore, it provides the depth constraints for anisotropy. The main limitation of the 

anisotropy measurements from both Pn and Rayleigh wave tomography is the trade-off 

between the anisotropy and velocity terms. (3) Anisotropy can also be measured through 

the observation of the variations of relative P or S wave delay times as a function of the 

azimuth and incidence angle of the incoming rays (e.g., Babuska and Cara, 1991). When 

teleseismic data in an appropriate distance range are used, the dipping axes of the 

anisotropy can be resolved. This method is less used compared to the previous two 

methods. Again, the major drawback of this method is still the trade-off between the 

anisotropy and the unknown velocity anomalies. (4) Recent receiver function technique 

takes the advantage of the Ps converted waveform (P wave to S wave) at the abrupt 

discontinuity to evaluate the anisotropy media (e.g., Savage, 1998). The negative attribute 

is that this method is an under-determined inverse problem. 
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For my studies, I have used method (2) with the tomography access to infer the 

anisotropy models. The anisotropy parameterizations in the Pn tomography and Rayleigh 

wave tomography have a close format. For the Pn tomography, the slowness (inverse of 

velocity) in each inversion cell is expressed as: 

)2sin()2cos(0  BASS          (1-2) 

where  is the azimuthally averaged Pn slowness (i.e., isotropic component),  and 0S A B  

are the azimuthal anisotropic coefficients,   is the back azimuth angle, and the high-order 

terms are neglected (e.g., Hearn, 1996). During the inversion, the slowness parameter  

and the anisotropy parameters 

0S

A  and B  are resolved simultaneously. The fast seismic 

direction is defined by the   value that minimizes the slowness  (or maximizes the 

velocity). So, take the derivative of equation (1-2) and set it to zero: 

S

0)2cos(2)2sin(2  


BA
d

dS
       (1-3) 

Then, we have: 

 k
A

B
  )(tan2 1            (1-4)  

where  is any integer. Therefore, the solution is given by one of the two orthogonal 

azimuths: 

k

)(tan
2

1 1

A

B  or 
2

)(tan
2

1 1 


A

B
       (1-5)  

The fast seismic direction is the   value in equation (1-5) that yields the smallest 

slowness  in equation (1-2). The peak-to-peak anisotropy magnitude (the difference 

between the fastest velocity and the slowest velocity) is then given by: 

S

222 BAM             (1-6) 
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For the Rayleigh wave tomography, the velocity at each node is parameterized in 

the same way as in equation (1-2) (e.g., Yang and Forsyth, 2006): 

)2sin()()2cos()()(),( 0  BACC       (1-7)  

where the phase velocity  instead of the slowness  is used, and the  value depends 

on the frequency 

C S C

 . The solution of the fast direction for each frequency is still calculated 

by equation (1-5), but the   value maximizing the phase velocity C  is chosen. The 

formula of anisotropy magnitude follows equation (1-6). The advantage of the anisotropy 

information resolved at different frequencies in Rayleigh wave tomography allows us to 

constrain the anisotropy depths. 
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Abstract. A total of 19,166 Pn phase readings from the International Seismological 

Centre (ISC) and the National Earthquake Information Center (NEIC) catalogs as well as 

hand-picked arrivals from the Incorporated Research Institutions for Seismology (IRIS) 

Data Management Center were inverted to map the velocity and anisotropy structure of the 

lithospheric mantle in the central and eastern United States (CEUS). Our Pn tomographic 

model shows a broad region of very fast velocity under the North American craton (the 

northern CEUS) and significant lateral variations within the rest of the CEUS. The surface 

locations of the major intraplate seismic zones are near the edges of high-velocity 

anomalies, which is consistent with the notion that stress accumulation and hence focused 

deformation are likely to occur at the rheological boundaries around the rigid lithospheric 

root. However, the ancient rifts show no clear correlation to the low-velocity anomalies in 

the lithospheric mantle. Our Pn anisotropic model shows a complex pattern of fast 

directions with an overall north–south trend in the CEUS that may reflect the preserved 
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fabrics of the cratonic lithosphere. Nonetheless, high Pn anisotropy seems to wrap around 

the high-velocity blocks, which may indicate local deformation around the rigid blocks. 

 

2.1 Introduction 

The central and eastern United States (CEUS), defined as east of the Rocky 

Mountains, is considered tectonically stable in contrast to the active western United States 

(Figure 2.1). The northern part of the CEUS is dominated by the North American craton, 

with a cold, rigid lithosphere up to 250 km thick (Grand, 1994; Van der Lee and Nolet, 

1997). To the east and west, the craton is bordered by the orogenic belts of the 

Appalachians and the Rocky Mountains, respectively. Although Cenozoic crustal 

deformation is minimal, there are several major seismogenic zones in the CEUS (Figure 

2.1): the New Madrid seismic zone (NMSZ), the east Tennessee seismic zone (ETSZ), the 

Charleston seismic zone (CSZ), and the New England seismic zone (NESZ). The 

mechanics of these intraplate earthquakes remain poorly understood. It is recognized that 

some seismic zones are associated with failed rifts or ancient plate boundaries within the 

CEUS (Figure 2.1). For example, the NMSZ is within the northern Reelfoot rift (RR), and 

the ETSZ is close to the East Continent rift (ECR). These ancient rifts may represent weak 

zones and hence are prone to earthquakes (Johnston and Kanter, 1990). In particular, 

previous studies of seismic velocity structure and heat flow have suggested that the RR is 

warm and weak (Al-Shukri and Mitchell, 1987; Liu and Zoback, 1997).  

However, not all of the ancient rifts are seismogenic, and their correlation may be 

overestimated (Schulte and Mooney, 2005). In particular, McKenna et al. (2007) have 
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Figure 2.1 Topography of the central and eastern United States (CEUS). The white lines 
are the approximate boundaries of the ancient rift zones: RR denotes the Reelfoot rift, 
MCR the Mid-Continent rift, ECR the East Continent rift, and SOA the Southern 
Oklahoma Aulacogen. The circles are the earthquake locations from the ISC catalog 
(1964–2000) with magnitudes of at least 4. The major intraplate seismic zones in the study 
area are NMSZ (New Madrid seismic zone), ETSZ (East Tennessee seismic zone), CSZ 
(Charleston seismic zone), and NESZ (New England seismic zone). 

 

argued against warm and weak rift zones in the NMSZ. The correlations between the 

seismic zones in the CEUS and the lithospheric structure have not been well established at 

the regional scale. Previous research on the large-scale lithospheric tomography of the 

CEUS mainly focused on the shear-wave velocity models by studying Sn, S, and Rayleigh 

waves (e.g., Grand, 1994; Alsina et al., 1996; Van der Lee and Nolet, 1997; Nolet et al., 

1998; Van der Lee and Frederiksen, 2005). The global P-wave tomographic research for 

this region primarily consists of teleseismic P velocity models (e.g., Bijwaard et al., 1998; 

Vasco and Johnson, 1998; Zhao, 2004). These studies show significant lateral velocity 
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variations of the lithospheric structure in the CEUS, but their correlations to the seismic 

zones remain unclear.  

The Pn wave travels horizontally within the lithospheric mantle and is therefore an 

excellent source for mapping the lateral velocity variations of the lithosphere. By jointly 

inverting for Pn velocity and anisotropy, we will refine the structure of the lithospheric 

mantle in the CEUS. More importantly, we will explore the potential relationship among 

the Pn velocity anomalies, the ancient rifts, and the major seismic zones, attempting to 

understand the nature of the intraplate earthquakes and the lithospheric deformation in the 

CEUS. 

 

2.2 Data and Method 

Our study area of the CEUS (29°–50° N, 65°–110° W) is shown in Figure 2.2. To 

avoid smearing edge effects in tomography, we collected data from a much broader area 

(20°–60° N, 55°–115° W). From the catalogs of the International Seismological Centre 

(ISC) and the National Earthquake Information Center (NEIC) (see the Data and 

Resources section), 27,190 Pn ray paths were collected following these strict criteria: (1) 

first arrivals with epicentral distances from 2° to 14°, (2) events shallower than 35 km, (3) 

events located within a 0.1° precision, (4) events recorded within a 0.1 sec precision, (5) 

picks within a 0.1 sec precision, (6) a minimum of six event records for each station and six 

station records for each event, and (7) ISC assigned residuals within 10 sec. In addition, we 

manually picked 776 Pn arrivals of the waveform dataset from the Incorporated Research 

Institutions for Seismology (IRIS) (see the Data and Resources section) to supplement the 
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Figure 2.2 Pn ray paths selected for the entire map (20°–60° N, 55°–115° W) containing 
19,166 individual event-station pairs. The inner rectangle box shows our study area 
(29°–50° N, 65°–110° W). Solid triangles are the seismic stations used in this study. 

 

ISC and the NEIC dataset as well as to test their quality. Finally, by applying a 6 sec 

residual cut to the straight line fit of the travel times versus distance, 19,166 Pn-phase 

readings were screened out for the inversion of our models. This fit line yielded an average 

Pn velocity of 8.1 km/sec in the study area. 

We followed the Pn tomography and anisotropy technique developed by Hearn 

(1996). The Pn travel-time residual (tij) is described by the travel-time equation: 

  )2sinB2cosAs(dbat kkkijkjiij  

where  and  are the static delays for station i and event j, respectively,  is the ia jb ijkd
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distance traveled by ray ij in mantle cell k,  is the slowness in cell k,  and  

are the anisotropy coefficients, and 

ks kA kB

  is the back azimuth angle. A 0.5° × 0.5° cell size 

was chosen for our study area. Slowness and anisotropy values in each cell were 

iteratively resolved by using the LSQR algorithm (Paige and Saunders, 1982a,b). During 

the inversion, Laplacian damping was used to control the smoothness of both the velocity 

and anisotropy models. After the inversion, our tomographic model achieved a 35.7% 

variance reduction from the starting model. 

Figure 2.2 shows the ray paths of all event-station pairs. Note that, except along 

southern coastlines of the United States and the region west of the Great Lakes, the 

majority of our study area is covered by a high density of ray paths, which ensures a model 

of robust resolution. 

 

2.3 Tomography and Anisotropy Results 

The Pn tomographic image and the checkerboard test are shown in Figure 2.3. The 

checkerboard model (Figure 2.3b) was synthesized by alternating high and low velocities 

in 3.3° × 3.3° cells and then inverting with the same ray paths to test the reliability of our 

tomographic inversion. A conservative level of Gaussian noise (1.5 sec) was added during 

the synthetic test, which was chosen to be larger than the root mean squares of the residuals 

after the true inversion (1.3 sec). Even with such a high level of noise, the alternating 

patterns were well recovered for most areas. 

Figure 2.3a shows Pn velocity variations with respect to 8.1 km/sec. The results 

generally agree with the shear-wave velocity structure of the NA04 model at 110 and 150 
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Figure 2.3 (a) Pn velocity variations obtained from the inversion of travel-time data for the 
CEUS. The dashed gray line delimits the +0.1 km/sec contour of the high-velocity 
lithosphere in the NA04 model at 110 km depth for comparison. Note that main intraplate 
seismic zones (NMSZ, ETSZ, CSZ, and NESZ) are near the margins of the high-velocity 
anomalies. (b) A 3.3°× 3.3° checkerboard test inverted using the same stations and events 
for Figure 2.3a. Gaussian noise with a standard deviation of 1.5 sec was added during the 
synthetic test. 
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km depths (Van der Lee and Frederiksen, 2005; see the Data and Resources section) 

(Figure 2.4), but with more detailed variations. Both ours and the NA04 model show a very 

high velocity (8.2–8.3 km/sec) under the Precambrian North American craton in the 

northern CEUS. At the western boundary of the craton, both models display a sharp 

velocity change between the low-velocity Rocky Mountains and the high-velocity craton. 

On the eastern edge of the craton, our Pn model shows two moderately low-velocity blocks 

(8.0–8.1 km/sec) in southern New England and southern Pennsylvania, respectively. These 

relatively low-velocity anomalies have also been indicated in other tomographic studies 

(e.g., Levin et al., 1995; Li et al., 2003; Van der Lee and Frederiksen, 2005). The edges of 

these two low anomalies seem to delineate the eastern boundary of the craton.  

Along the northwestern boundary of the Mississippi embayment, our Pn 

tomography shows an east–west-oriented high-velocity belt (8.2–8.3 km/sec), extending 

from the NMSZ to the Southern Oklahoma Aulacogen (SOA) seismic zone (Figure 2.3a). 

This belt also appears in the NA04 model. Our Pn image shows a high-velocity anomaly 

(8.2–8.3 km/sec) in North and South Carolina, opposite to the NA04 model. Within the 

craton, our Pn model shows low velocities beneath the left leg of the Mid-Continent rift 

(MCR) and northern Ohio. Similar trends are shown in the NA04 model with somewhat 

shifted local velocity minima. 

Figure 2.5 shows our Pn anisotropic model that was obtained by simultaneously 

inverting for both velocity and anisotropy. The pattern of the fast directions is complex 

with an overall north–south trend. Some local areas with strong Pn anisotropy are also 

found to be associated with the margins of the high-velocity blocks, where intraplate 

seismicity occurs nearby.  
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Figure 2.4 (a) The NA04 model at 110 km depth in the CEUS. The white lines are the 
approximate boundaries of the ancient rift zones. The NA04 model shows a broad high 
velocity underneath the craton in the northern CEUS. The +0.1 km/s contour relative to the 
reference velocity (4.5 km/s) is plotted in our Pn velocity image (Figure 2.3a of the text) for 
the comparison of the high velocity lithosphere boundary. For more detailed comparison 
results, refer to the text. (b) The NA04 model at 150 km depth in the CEUS. The velocity 
variation patterns are similar to those at 110 km depth. 
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Figure 2.5 Pn anisotropy model for the CEUS. This model was created by simultaneously 
inverting for Pn anisotropy and velocity. Only cells with more than 10 counts were plotted. 
The strikes of the vectors show the fast directions, and their lengths are proportional to the 
amount of anisotropy. The large arrow gives the absolute plate motion (APM) of North 
America. Circled areas a, b, and c are where strong anisotropy occurs, which may indicate 
focused deformation. 

 

2.4 Discussion 

Our Pn tomography model has mapped a clear velocity contrast of lithospheric 

mantle along 105° W: low velocity under the Rocky Mountains on the west and high 

velocity under the stable craton on the east (Figure 2.3a). Within the rigid CEUS, major 

seismic zones are found near the margins of very high-velocity anomalies: the NESZ is 

within the edge of the North American craton; the NMSZ is right on a very high-velocity 

block, while the significant earthquakes occurred at the southwestern edge of the block; the 

ETSZ, the CSZ, and the SOA all align along the boundaries of fast anomalies. In general, 
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most of the large seismic events are located at the edge or just within the high-velocity 

anomalies in the CEUS. Interestingly, similar correlations have been found in some 

significant intraplate seismic zones elsewhere. For example, large earthquakes 

concentrated on the edge of the rigid Ordos Plateau in northern China (Pei et al., 2007), and 

intense seismicity in the Kutch region, western India, also occurred on the margin of a 

high-velocity anomaly of lithospheric mantle (Kennett and Widiyantoro, 1999). This 

observation is consistent with the notion that stress tends to concentrate in the rheological 

boundaries (Lowry and Smith, 1995). When the lateral rheological variation of the 

lithospheric root is not considered, Li et al.’s (2007) numerical model predicts high 

deviatoric stresses around the margins of the thick cratonic lithosphere in the CEUS. 

On the other hand, the intracontinental rifts show no consistent correlation with 

low-velocity anomalies (Figure 2.3a), contrary to common perceptions (Johnston and 

Kanter, 1990; Liu and Zoback, 1997). The eastern leg of the MCR is underlain by a 

high-velocity anomaly, whereas its western leg is underlain by a low-velocity anomaly. 

The northern and southern ECR are underlain by low and normal velocities, respectively. 

The RR is associated with very high lithospheric velocity, contrary to some previous 

results (Al-Shukri and Mitchell, 1987; Liu and Zoback, 1997). 

Our Pn anisotropy image (Figure 2.5) indicates stronger anisotropy in the Rocky 

Mountains (area a) than in the craton, and the fast direction generally follows the boundary 

at 105° W. This result is consistent with the idea that hotter and possibly weaker 

lithospheric mantle deforms more coherently than the lithospheric root underlying the 

cratonic regions. Within the CEUS, our anisotropy model shows a complex pattern with a 

generally north–south direction at a high angle to the direction of absolute plate motion 
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(APM). It is consistent with the result of Marone and Romanowicz (2007), who proposed 

that in the upper 200 km of the North American craton, the azimuthal anisotropy reflects a 

preserved fabric characteristic of the cratonic lithosphere. 

The local variations of our anisotropy seem to correlate with the Pn velocity 

anomalies. The strong anisotropy in areas b and c (Figure 2.5) occurs in the regions of 

locally relatively low velocities, and its fast direction wraps around the high-velocity 

blocks. Note that area b is on the edge of the NMSZ and the SOA; area c is between the 

NMSZ and the ETSZ. These patterns may indicate focused deformation around the rigid 

blocks, which could contribute to stress concentration and hence large earthquakes in the 

crust. 

 

2.5 Conclusions 

Using Pn travel-time data, we have constructed a Pn tomographic model that shows 

the lateral lithospheric velocity structure in the CEUS. The model does not support the 

perception that the ancient rifts in the CEUS correlate with low-velocity anomalies, or 

weak zones in the lithospheric mantle. Based on the lack of spatial association between the 

ancient rifts and the major intraplate seismic zones in the CEUS, we suggest that the 

ancient rifts are not the primary factor causing the large seismic events in the CEUS. 

However, we found a strong correlation between the lateral velocity variations and 

the significant intraplate seismicity: the major seismic zones tend to occur near the edges of 

the high-velocity anomalies in the lithospheric mantle. This correlation may be explained 

by the stress concentration near rheological boundaries and the tendency of more rigid 
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lithosphere to host large earthquakes. 

Our Pn anisotropy results also indicate focused mantle flow around the edges of the 

high-velocity blocks. Such mantle shearing may have further contribution to the stress 

localization and intraplate seismicity in the CEUS. 

 

2.6 Data and Resources 

Travel-time readings used in this study were collected from the ISC catalog 

available at www.isc.ac.uk and the NEIC catalog available at www.earthquake.usgs.gov/ 

regional/neic. Waveform data were obtained from the IRIS Data Management Center at 

www.iris.edu. The NA04 velocity anomaly data came from Suzan van der Lee’s personal 

website, www.earth.northwestern.edu/current/people/faculty/suzan/na04.tar.gz. All of the 

figures were made using the Generic Mapping Tools (GMT) (www.soest.hawaii.edu/gmt; 

Wessel and Smith, 1998). 
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Abstract. The enigmatic seismicity in the New Madrid Seismic Zone (NMSZ) has 

been attributed to some abnormal lithospheric structure, including the presence of dense 

mafic intrusions and a low-viscosity lower crust. However, the area’s detailed lithospheric 

structure remains unclear. Here we invert 2,056 teleseismic P and 12,226 local P first 

arrival times from a recent nine-year dataset to infer the lithospheric velocity structure 

beneath the NMSZ. Our results show that the seismically active zone is associated with a 

local, NE–SW trending low-velocity anomaly in the lower crust and upper mantle, instead 

of high-velocity intrusive bodies proposed in previous studies. The low-velocity anomaly 

is on the edge of a high-velocity lithospheric block, consistent with the notion of stress 

concentration near rheological boundaries. This lithospheric weak zone may shift stress to 

the upper crust when loaded, thus leading to repeated shallow earthquakes.  
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3.1 Introduction 

The New Madrid Seismic Zone (NMSZ), located in the northern Mississippi 

embayment, is the most seismically active region in the Central and Eastern United States 

(CEUS) (Figure 3.1). A sequence of at least three major earthquakes (Mw ≥ 7.0) occurred 

here during the winter of 1811–1812 (Johnston and Schweig, 1996), and thousands of 

microearthquakes have been recorded since 1974. The microseismicity delineates three 

linear faults in the NMSZ (Figure 3.1): (1) the NE-trending Blytheville Fault Zone (BFZ), 

(2) the NW-trending Reelfoot Fault (RF), and (3) the NNE-trending New Madrid North 

Fault (NN) (Johnston and Schweig, 1996). The largest events including the 1811–1812 

main shocks (Johnston and Schweig, 1996; Hough et al., 2003), the 1843 Marked Tree, 

Arkansas earthquake (M ~ 6.3), and the 1895 Charleston, Missouri earthquake (M ~ 6.6) 

(Johnston, 1996) are thought to have occurred on those faults (Figure 3.1). 

Paleoseismologic studies also suggest that several large earthquakes similar to the 

1811–1812 sequence have happened in the NMSZ in the past a few thousand years (Tuttle 

et al., 2002). 

The cause of these intraplate earthquakes remains uncertain. The NMSZ is located 

within the Reelfoot rift (Ervin and McGinnis, 1975) which may be related to the seismicity 

(Johnston and Kanter, 1990), but not all rifts in the CEUS are seismic (Li et al., 2007).  

The surface deformation associated with the NMSZ is minimal, and recent GPS studies, 

while differing in details, show near zero site velocities outside the NMSZ (Newman et al., 

1999; Smalley et al., 2005; Calais et al., 2005; Calais and Stein, 2009). Hence some ‘‘deep’’ 

and ‘‘local’’ causes have been suggested to explain the seismicity. One such cause is a 

recent change to the dense Proterozoic-Cambrian mafic intrusions that provides a localized 
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Figure 3.1 Study area (35°–37.2°N, 88.8°–91°W) of the New Madrid Seismic Zone 
(NMSZ). The triangles are the seismic stations for both teleseismic and local records. The 
solid dots are the local events (M ≤ 3.9) recorded during 1999–2007 used for our 
tomographic inversion. Those microearthquakes delineate three linear segments: the BFZ 
(Blytheville Fault Zone), the RF (Reelfoot Fault), and the NN (New Madrid North Fault) 
(Johnston and Schweig, 1996). Three stars show the estimated epicenters of the 1811–1812 
Mw ≥ 7.0 events (Johnston and Schweig, 1996; Hough et al., 2003). Two diamonds show 
the estimated locations of the 1843 Marked Tree, Arkansas earthquake (M ~ 6.3) and the 
1895 Charleston, Missouri earthquake (M ~ 6.6), respectively (Johnston, 1996). Two thick 
grey lines delineate the boundaries of the Reelfoot rift. The dashed lines delineate sediment 
thickness contours (200 m interval) extracted from Bodin et al.’s (2001) contour data. 

 

gravitational force in the rift (Grana and Richardson, 1996; Pollitz et al., 2001); another is 

low-viscosity lower crust (and probably low-viscosity upper mantle too) under the NMSZ 

that can shift deviatoric stresses imposed by tectonic (stress or thermal) perturbations to the 

upper crust to trigger a sequence of earthquakes (Kenner and Segall, 2000). However, the 
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details of lithospheric structure under the NMSZ are not clear. Mitchell and co-workers 

found some low-velocity anomalies in the NMSZ lithosphere (Mitchell et al., 1977; 

Al-Shukri and Mitchell, 1987), but the resolution of their models is limited due to the data 

available at that time. 

In this study we use a new dataset recorded between 1999 and 2007 from the 

Cooperative New Madrid Seismic Network (Figure 3.1) operated by the Center for 

Earthquake Research and Information (CERI) to map the lithospheric structure beneath the 

NMSZ. The network contains three times the number of seismic stations in a much more 

focused study area compared to Al-Shukri and Mitchell’s (1987). 

 

3.2 Data and Models 

From this new dataset, we extracted both teleseismic and local P first arrivals for 

the joint tomographic inversion. We picked 121 teleseismic events (Figure 3.2) using the 

criteria of (1) magnitude Mb ≥ 5.0, (2) epicenter distance ≥25°, and (3) recording station 

number ≥8. Theoretical first arrival-times of teleseismic P phases were calculated from the 

AK135 model (Kennett et al., 1995), and then relative travel-time residuals were measured 

for each event by a semi-automated method, Multi-Channel Cross-Correlation (MCCC) 

(VanDecar and Crosson, 1990). We modified the method by running the MCCC multiple 

times with shift corrections for all correlation windows after each run. When the shift 

corrections converge to zero, the correlation windows used for calculating relative delays 

are adjusted to the right corresponding positions. This procedure improves the 

measurements by up to 0.5 sec. During the process, we used a threshold value (0.06 sec) of 

 34



 

Figure 3.2 Locations of 121 teleseismic events (the circles) used to invert for the 
lithospheric velocity structures. The star stands for the study area of the NMSZ. 

 

root-mean-square timing uncertainty (VanDecar and Crosson, 1990) to rule out the 

low-quality waveforms. A total of 2,056 accurate teleseismic P travel-times were selected 

for this study. 95% of the teleseismic residuals relative to the network mean vary within a 

range of ±0.5 sec. 

The poor vertical resolution of teleseismic tomography can be improved by 

including local P phases to constrain the shallow velocity structure and separate the 

residual contributions between the crust and mantle. We extracted local P picks from the 

CERI catalog with the following requirements: (1) pick accuracy within 0.35 sec, (2) a 

minimum of 8 recording stations for each event, and (3) a minimum of 8 event records for 

each station. Those criteria yielded 12,226 first P arrivals associated with 684 local events 

(Figure 3.1), whose maximum depth is at 26 km. In total, we obtained 14,282 joint first 

arrival measurements of teleseismic and local P phases for our inversion. 
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Figure 3.3 Correction terms at each station calculated for station elevation and sediment 
thickness combined using method M1 (a) and method M2 (b), respectively. The mapped 
correction terms are relative values to the network mean. Those values will be subtracted 
from the travel-times before the inversion. Triangles are negative time delays and circles 
are positive time delays. Two grey thick lines are the boundaries of the Reelfoot rift. 
Dashed lines are the sediment thickness contours. 

 

These travel-time data were corrected for both station elevation and alluvial 

sediment thickness in the NMSZ. The latter is necessary because the unconsolidated 

sediment layer has a very low P wave velocity (1.8 km/sec) (Chiu et al., 1992), and its 

thickness varies significantly (0–1000 m) in our study area (Figure 3.1), causing a large 

travel-time variation (up to ~0.5 sec). To correct the effects of the sedimentary cover, we 

used two independent methods, hereinafter referred to as M1 and M2 (Figure 3.3). Method 

M1 calculates the correction terms directly by taking Bodin et al.’s (2001) sediment 

thickness measurements (Figure 3.1) based on hundreds of well logs (Dart, 1992), and 

assuming vertical ray paths within the sediment layer. The weakness of this method is that 
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the well-data shortage in some locations may cause biased correction values, especially for 

where the thickness changes substantially. Method M2 follows Vlahovic et al. (2000) and 

Vlahovic and Powell’s (2001) idea that the combined correction terms of station elevation 

and sediment thickness can be replaced by the average station residuals of local phases. 

This method requires similar sampling ray paths for each station, which in reality is not 

strictly satisfied. Thus neither method is perfect. Nonetheless, the consistent tomographic 

results after the two unrelated corrections can be considered ‘‘immune’’ to the sediment 

effects. 

The 1-D initial velocity model for our joint tomographic inversion is listed in Table 

3.1. The crust (≤40 km) consists of three layers simplified from a crustal model of Chiu et 

al.’s (1992). The upper mantle (40–160 km) comprises two layers whose velocity values 

are based on a recent refraction profile (Catchings, 1999). The cell size for our tomography 

has a fixed horizontal scale of 15 km × 15 km and a variable vertical scale depending on the 

initial velocity layers. Slowness in each cell was resolved iteratively by using a nonlinear 

3-D tomography method. During the inversion, Laplacian damping was used to balance the 

resolution and smoothness of the velocity models by trial-and-error. After the inversion, 

our tomographic models achieved 43.7% and 30.8% variance reductions of travel-time 

errors from the starting model for the M1 and M2 methods, respectively. 

 

Table 3.1 1-D Initial Velocity Model for Joint Tomographic Inversion 

Layers, km P velocity, km/s 
0-5 4.22 
5-17 6.17 
17-40 6.98 
40-100 8.3 
100-160 8.4 
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Figure 3.4 A 45 km × 45 km checkerboard test inverted using the same stations and events 
for Figures 3.6a and 3.6b. The checkerboard model was synthesized by alternating high 
and low velocity (±3%) cells. Gaussian noise with a standard deviation of 0.1 sec was 
added during the inversion. 

 

3.3 Tomography Results 

To test the resolution of our inversion, we used a checkerboard model with 

alternating high and low velocities (±3%) of horizontal scale 45 km × 45 km, and 

computed synthetic travel-times with the same ray paths as in our real dataset. We then 

added Gaussian noise with 0.1 sec standard deviation (the root-mean-square of the 

residuals after the true inversion) to those synthetic travel-times. The inverted tomographic 

result from the synthetic data is shown in Figure 3.4. Although some smearing occurred in 

the NE–SW direction due to the uneven distributions of the events and stations, the 
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alternating patterns were well recovered for most areas. Moreover, a separate sediment 

leaking test demonstrates that the low-velocity top layer does smear down for our inversion 

(Figure 3.5).  

 

 

Figure 3.5 Leaking test of the sediment. The test is to check if the low-velocity sed ent 
smears down during the inversion. The sediment is simulated by a 45 km × 45 km × 5 km 

im

uniform low-velocity (-6%) block within the top layer (0-5 km). It is placed at the 
rectangular box (first figure) within the Reelfoot rift (grey lines). Synthetic travel-times 
were calculated using the true event-station pairs, then added with Gaussian noise with a 
standard deviation of 0.1 sec. The inverted tomographic results are shown in five layers 
(map view). The images demonstrate that the top-layer anomaly is well resolved both 
horizontally and vertically, and does not leak into the lower crust and mantle. So even 
though the sediment effects are mistakenly corrected, the deep velocity structures are not 
significantly affected by the sediment. 
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Figure 3.6 (a) Lithospheric P velocity structure for the NMSZ using sediment correction 
method M1. First P arrivals of 2,056 teleseismic phases and 12,226 local phases were used 
for the joint inversion. The notions of thick grey lines, stars and diamonds follow Figure 
3.1. (b) Counterpart of Figure (a) using sediment correction method M2. Both methods 
show a low-velocity zone in the lower crust and upper mantle, beneath the seismicity. 

 

Figures 3.6a and 3.6b show the P velocity structures beneath the NMSZ resulting 

from inverting travel-times with the M1 and M2 corrections, respectively. The major 

difference is within the upper crust (0–5 and 5–17 km layers), where correction M1 yields a 

strong low-velocity anomaly to the north of the Reelfoot rift (Figure 3.6a). This could be an 

artifact introduced by the lack of drill-hole data (Dart, 1992). Furthermore, the anomaly is 

shallow and beyond the area of our primary interest. Other than for the top two layers, the 

M1 and M2 corrections produce almost identical velocity images (17–160 km). Therefore 

the deep structures are not significantly affected by the sediment using our joint dataset. 

Our analyses will on the features common in Figures 3.6a and 3.6b. 

The prime common feature of Figures 3.6a and 3.6b is the low-velocity (up to –3%) 

zone in the lower crust (17–40 km) and upper mantle (40–160 km). It is spatially associated 

with three seismic segments in the NMSZ, although its locations vary somewhat from layer 

to layer. Within the lower crust (17–40 km), the low-velocity anomaly is distributed along 

the BFZ; for the 40–100 km layer, the low-velocity anomaly is concentrated around the RF 

and southwestern tip of the BFZ; for the 100–160 km layer, the low-velocity anomaly 

broadens and covers much of the southwestern Reelfoot rift. The low-velocity zone is 

surrounded by scattered high-velocity (up to 3%) blocks and primarily confined within the 

Reelfoot rift, with an overall trend parallel to the rift axis. It also shows a strong spatial 

relationship with both historic large events and microseismicity. 
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Figure 3.7 Reproductions of the Pn model and the NA04 model in our study and 
surrounding areas. The inner rectangular box delineates our study area (35°-37.2°N, 
88.8°-91°W), and two grey thick lines delineate the boundaries of the Reelfoot rift. (a) Pn 
wave velocity structure in the NMSZ. The Pn data are provided by Zhang et al. (2009). (b) 
Shear wave velocity structure of the NA04 model at 70 km in the NMSZ. (c) Counterpart 
of (b) at 110 km. The data of the NA04 model are provided by Van der Lee and Frederiksen 
(2005). All these models show that the NMSZ is on the edge of a high-velocity block in the 
lithosphere. 
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 3.4 Discussion 

Our tomographic results are generally consistent with those from previous studies. 

Vlahovic et al. (2000) used local events to construct the P wave velocity structure in the 

NMSZ for the top 10.65 km. Their top two layers (<2.65 km) and underlying layers 

(2.65–10.65 km) show respectively high-velocity and somewhat low-velocity anomalies in 

the seismic zone, similar to our results. The high-velocity anomaly in the top layer (0–5 km) 

in our models is consistent with the stable surface indicated by the GPS data (Newman et 

al., 1999; Calais et al., 2005; Calais and Stein, 2009). 

The low-velocity structures we image beneath the Reelfoot rift are similar to those 

in previous studies using teleseismic P data alone (Mitchell et al., 1977; Al-Shukri and 

Mitchell, 1987). When incorporating local P data, Al-Shukri and Mitchell’s (1987) model 

shows a belt of slightly higher velocity (up to 1%) in the lower crust of the seismic zone. 

But the belt is primarily interpolated from the high-velocity data blocks on their model 

margins. Furthermore, because almost all local events in the NMSZ are too shallow to 

sample the lower crust, a sufficiently large dataset is needed to resolve the vertical trade-off 

of delay times. Previous refraction seismic profiles (Mooney et al., 1983; Catchings, 1999) 

suggest high-velocity intrusions at the bottom of the lower crust, but their interpreted 

intrusive bodies are broader than the rift zone or the scale of our lower crust image. 

Teleseismic tomography inverts relative travel-time residuals and thus only shows 

relative velocity variations. Regional tomography studies can help constrain the absolute 

velocity of the study area and understand the context of the NMSZ within the stable North 

American craton, although their large cell sizes and smoothing may make them unable to 

resolve small-scale anomalies such as those in our study. Regional surface wave and Pn 
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tomography models (Van der Lee and Frederiksen, 2005; Zhang et al., 2009) both indicate 

that the NMSZ is on the edge of a high-velocity block in the upper mantle, with slightly 

higher absolute velocity (Figure 3.7). Liang and Langston’s (2008) ambient noise 

tomography in the CEUS also shows that the NMSZ is on the western boundary of a 

high-velocity block for 15 sec period which samples almost the whole crust. The results 

suggest that the low-velocity anomaly in the NMSZ is a localized feature on the rim of a 

rigid cratonic root. 

The cause of the low-velocity zone in the NMSZ lithosphere is uncertain. The 

anomaly is localized within the Reelfoot rift and generally follows its trend, and therefore 

may be genetically linked to the rift. On the other hand, given that the Reelfoot rift initiated 

in late Precambrian (Ervin and McGinnis, 1975) and the NMSZ lacks clear thermal 

anomaly (McKenna et al., 2007), the low-velocity anomaly is unlikely to have a thermal 

origin. Alternatively the low-velocity zone might represent compositional variations across 

the rift, perhaps related to the magmatism during the Reelfoot rifting. But our results do not 

favor intrusive bodies in the lower crust because mafic intrusions typically cause 

high-velocity anomalies within rifts (Mooney et al., 1983). These lead us to speculate that 

the anomaly is related to the deformational fabrics (weak zone). Although most recent GPS 

data show little strain rate in the NMSZ and its surrounding area (Newman et al., 1999; 

Calais et al., 2005; Calais and Stein, 2009), the structural and geometrical analyses suggest 

that the slip rates of the NMSZ faults could be as high as 4.4–6.2 mm/yr over the last a few 

thousand years (Mueller et al., 1999; Van Arsdale, 2000). Alternatively, this low-velocity 

feature could be a preserved weak zone in the lithosphere from the last major tectonic event 

(e.g., Paleozoic or Mesozoic) within the Reelfoot rift. 

 44



The locations of the major intraplate seismic zones in the CEUS (the NMSZ, the 

East Tennessee Seismic Zone, the Charleston Seismic Zone, and the New England Seismic 

Zone) are spatially correlated with high-velocity block edges or velocity transition zones in 

the lithosphere (Liang and Langston, 2008; Zhang et al., 2009). Similar scenarios can be 

found in other significant intraplate seismic zones such as the Shanxi rift, China (Tian et al., 

2009) and the Kutch rift, India (Kennett and Widiyantoro, 1999) which are underlain by a 

low-velocity zone (presumably a weak zone) bordering a rigid lithospheric root. Those 

structures suggest that the rheological contrast may play an important role for the intraplate 

earthquakes. Numerical modelings show that rheological boundaries tend to localize stress 

near thin lithosphere (Li et al., 2007), and a localized weak zone in the lower crust is likely 

to shift stress to the upper crust by viscous relaxation. If our lithospheric low-velocity zone 

in the NMSZ reflects weakness, Kenner and Segall (2000) suggest that such a 

stress-shifting process can lead to repeated shallow earthquakes. Although present 

geodetic observations do not detect enough surface motion or strain for large earthquakes 

(Newman et al., 1999; Calais et al., 2005; Calais and Stein, 2009), it is possible that strain 

accumulation remains slow during interseismic cycles, especially after large energy is 

released.   

 

3.5 Conclusions 

We have modeled the lithospheric velocity structure of the NMSZ using a 

combination of teleseismic P and local P travel-time data. Two independent methods 

correcting for sediment effects yield almost identical velocity variations below the upper 
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crust. Our tomographic results show that the NMSZ faults are underlain by a localized 

low-velocity anomaly in the lower crust and upper mantle which is primarily confined 

within and parallel to the Reelfoot rift. On the other hand, our results do not show 

compelling evidence for dense mafic intrusions in the lower crust that have been proposed. 

The low-velocity anomaly under the NMSZ may represent a deep shear zone at rheological 

boundaries. Such a weak zone could shift stress to the upper crust, thus help explain the 

repeated earthquakes in the NMSZ where the present-day strain rate is near zero. 
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Abstract. The convergence between the more rigid Indian Plate and the relatively 

weak Eurasian Plate has led to the escape of a large portion of the Tibetan Plateau towards 

the east-southeast. Various geophysical models have predicted a large-scale flow in both 

the lower crust and asthenosphere. The escaping continent has also been suggested to move 

around the rigid and thick lithosphere of the Ordos Plateau and the Sichuan Basin. In order 

to investigate the path and depth of the continental flow, we have used Rayleigh wave 

tomography with sensitivity kernels to build both the phase velocity structure (20-143 s) 

and the shear wave velocity structure (0-200 km) on the northeastern margin of the Tibetan 

Plateau, using 18 temporary stations deployed for one year as a part of the INDEPTH IV 

project. From the surface to 100 km, our shear wave velocity model shows a prominent 

low-velocity anomaly beneath northeastern Tibet, suggestive of a weak lithosphere. In 

contrast, a high-velocity anomaly exists in our eastern study area, which is consistent with 

the notion that the Ordos Plateau and the Sichuan Basin are rigid blocks with little internal 

deformation. The boundary between the high and low velocities lies at ~105° longitude and 

possibly describes the edge of northeastern Tibet. From 125 km to 200 km, our shear wave 
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velocity model shows a low-velocity channel along the Qilian-Qinling Orogen that is 

injected into the gap between the Ordos and Sichuan blocks. This channel may be caused 

by a weak zone associated with the asthenospheric flow, considering that the lithosphere is 

~120-150 km thick in northeastern Tibet and the Qinling Orogen. We also inverted for the 

anisotropy parameters in our study area simultaneously with the velocity parameters. Our 

dominant fast direction is NNW-SSE, generally consistent with SKS splitting results and 

the predicted strain from GPS measurements. Furthermore, the fast directions in our 

anisotropic model do not vary significantly with periods and the anisotropy magnitudes at 

long periods (100-143 s) are not less than those at short-medium periods (20-80 s), 

indicating coherent deformation along various depths in our study area and possibly large 

deformation in the asthenosphere. The deformation seems to be linked to the extrusion 

tectonics. Lastly, we speculate that the rheological contrast at the edges of the rigid 

lithospheric blocks plus the strain caused by the east-southeastward extrusion of the Tibet 

continent is responsible for the intense intraplate seismicity on the northeastern margin of 

the Tibetan Plateau. 

 

4.1 Introduction 

The Tibetan Plateau, the highest topography in the world, is the product of 

continent-continent collision between the Indian and Eurasian plates that initiated 

between 50 and 70 My ago (Yin and Harrison, 2000) (Figure 4.1a). The collision has not 

only lead to significant elevation and highly deformed orogenic belts within the Tibetan 

Plateau, but also impacted remote areas as far as eastern China and the Baikal rift to the 

north (Molnar and Tapponnier, 1975; Tapponnier and Molnar, 1977). This well developed 
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collision zone attracts intense studies, among which is the famous Inter-National Deep 

Profiling of Tibet and the Himalaya (INDEPTH) project. While the previous three phases 

of the INDEPTH project focused on the southern and central Tibetan Plateau (e.g., Zhao 

et al., 1993; Brown et al., 1996; Tilmann et al., 2003), a recent phase IV (2007-2009) of 

the INDEPTH was designed to investigate the northeastern Tibetan Plateau. As a part of 

the phase IV, We deployed 18 temporary broadband stations (Figure 4.1b) at the 

northeastern margin of the plateau from July 2008 to July 2009. The study area connects 

the Tibetan Plateau with the Ordos Plateau and the Sichuan Basin (Figure 4.1a,b). The 

latter two belong respectively to the North China block (a part of the Sina-Korea craton) 

and the South China block (or Yangtze craton) and are separated by the Qinling-Dabie 

orogenic belt. As a conjunction, our study area is important for us to understand the 

interactive geodynamics among those three major blocks in China.  

The tectonics of the Tibetan Plateau and its adjacent regions is explained by the 

extrusion theory: as the stronger Indian plate propels the Tibetan Plateau at a rate of ~5 

cm/year, the force lead to the lateral escape of the plateau material towards the 

east-southeast along a series of complicated fault systems (e.g., Molnar and Tapponnier, 

1975; Tapponnier and Molnar, 1977). Tapponnier et al. (2001) consider the oblique 

crustal subduction/thrusting accommodated by the extrusion to be the mechanism of the 

growth and uplift of the eastern Tibetan Plateau. However, other scholars think that the 

lower crust flow is responsible for the elevated topography in the eastern plateau (Royden 

et al., 1997; Clark and Royden, 2000; Clark et al., 2005; Royden et al., 2008). When the 

escaping continent meets the rigid Ordos and Sichuan blocks, it probably changes 

directions as indicated by a collection of SKS splitting results (Lev et al., 2006; Chang et 
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al., 2008; Huang et al., 2008; Wang et al., 2008) (Figure 4.1b). This deformational regime 

may diverge into two branches wrapping around the Sichuan Basin (Clark and Royden, 

2000; Clark et al., 2005; Enkelmann et al., 2006; Royden et al., 2008) (Figure 4.1a). One 

branch is thought to divert towards the south along the Longmenshan Fault (the western 

boundary of the Sichuan Basin), joining the south-southeastward movement around the 

eastern syntaxis (Li et al., 2009). The other branch is believed to squeeze eastward 

between the Ordos and Sichuan blocks along the Qinling Orogen (Zhang et al., 1998; 

Huang et al., 2008). However, the tomographic evidences of the proposed flow paths 

remain unclear. 

Another important argument regarding the continental flow hypothesis is the 

depth extent that it occurs at. Royden and her colleagues propose that the extrusion 

primarily occurs within the lower crust (Royden et al., 1997; Clark and Royden, 2000; 

Clark et al., 2005; Royden et al., 2008), considering the insignificant amount of crustal 

shortening on the eastern plateau margin (Burchfiel et al., 1995). However, other studies 

(Flower et al., 1998; Liu et al., 2004; Huang et al., 2008) suggest that the extrusion may 

happen much deeper in the asthenosphere. For example, Liu et al. (2004) imaged 

low-velocity channels centered at a depth of approximately 250 km that connect western 

and eastern China using P wave tomography. If the collision-driven lateral extrusion 

extends to the asthenospheric mantle and into eastern China, Liu et al. (2004) and Huang 

et al. (2008) believe it could contribute to the widespread rifting and volcanism in eastern 

China. Some researchers (Flesch et al., 2005; Chang et al., 2008; Wang et al., 2008) 

advocate coupled deformation between the crust and lithospheric mantle based on the 

agreement between the shear wave splitting data and the calculated strain field from GPS 
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observations, but they consider that the lithosphere instead of the asthenosphere is the 

major source for the observed anisotropy in the Tibetan Plateau. 

The earthquake distribution is a third important topic in our study area. The 

intraplate earthquakes occurred widely in northeastern Tibet and at the edges of the Ordos 

and Sichuan blocks (Figure 4.1b). Most significant earthquakes are close to 105° 

longitude. Among them are the catastrophic 1920 Haiyuan (M~7.8) and 2008 Wenchuan 

(M~7.9) earthquakes (Figure 4.1b) located near the western boundaries of the Ordos and 

Sichuan blocks, respectively. The intraplate earthquake distribution may be related to the 

rheological change in the lithosphere (Zhang et al., 2009a,b) and the regional extrusion 

tectonics too. To discover the lateral direction and depth extent of the continental flow on 

the northeastern margin of the Tibetan Plateau as well as the relationship between the 

lithospheric velocity variations and the seismicity distribution, we investigated the 3-D 

lithospheric velocity structure in this area using Rayleigh wave tomography. Previous 

studies primarily focus on the large-scale tomography (e.g., Liu et al., 2004; Huang and 

Zhao, 2006; Liang and Song, 2006; Pei et al., 2007; Li et al., 2008; Su et al., 2008; Sun et 

al., 2008), and do not clearly address the detailed velocity structure in our study area. Our 

Rayleigh surface wave inversion with a sensitivity kernel technique accounts for finite 

frequency effects, and therefore can provide better resolution. We resolved for both a 

phase velocity model and a shear wave velocity model in our study area. Shear wave 

velocities are sensitive to partial melting, so the resolved low-velocity zones may help us 

image any possible channel of ductile flow in the crust or asthenosphere. A simultaneous 

inversion resolving for anisotropy along periods was also performed to give an idea about 

the major deformational directions as a function of depths.  
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Figure 4.1 (a) Topographic relief of China and the location of our study area (white box). 
The study area (31°-38° N, 100°-109.5° E) is on the northeastern margin of the Tibetan 
Plateau and includes the western Ordos Plateau and the northwestern Sichuan Basin (SB) 
that belong to the North China and the South China blocks, respectively. Blue arrows are 
the escaping directions of lower crust flow from Clark and Royden (2000). (b) Tectonic 
regions and station distribution in our study area. White triangles denote 18 broadband 
seismic stations used in this study. The study area is also our inversion area that expands 
out of the station-covered area. The light and dark blue dots represent both historic and 
instrument-recorded earthquakes with magnitudes 4.0≤M<6.0 and 6.0≤M<7.8, 
respectively. The blue crosses mark M≥7.8 earthquakes including the 1920 Haiyuan 
M~7.8 earthquake (36.7° N, 104.9° E) and the 2008 Wenchuan M~7.9 earthquake (31.0° 
N, 103.4° E) that occurred along the Longmenshan Fault (LMS). The red, purple and 
green bars are the SKS shear wave splitting results from Wang et al. (2008), Chang et al. 
(2008) and Huang et al. (2008), respectively. The green bars are mostly within the Weihe 
Graben (WG) that separates the Ordos Plateau from the Qinling Orogen. The dashed 
white line at 34° N shows the boundary between the northern and southern sub-regions 
whose anisotropy solutions are plotted in Figure 4.7b and 4.7c, respectively. 
 

 

4.2 Data Collection and Processing 

We utilized fundamental mode Rayleigh waves from teleseismic events for our 

study. Candidate events were selected using the criteria of (1) magnitude Ms ≥ 5.8 or Mb 

≥ 5.0, (2) epicenter distance between 25º and 120º, and (3) depth ≤ 100 km. We then 

carefully examined each individual event and abandoned those with low-quality 

waveforms. The process yielded a total of 74 good events whose locations are shown in 

Figure 4.2a. Their azimuths are well distributed, which is important for resolving both 

lateral velocity heterogeneities and azimuthal anisotropy. The ray coverage is close and 

excellent for the periods of 40-143 s whose ray numbers are within the range of 820-1000. 

But the ray numbers decrease gradually to only a few hundred towards the 20 s period. 

Figure 4.2b-d shows the ray paths at the periods of 25, 50, and 125 s in our study area. 

The dense crossing ray paths at most periods are ideal for our inversion. 
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Figure 4.2 (a) Locations of 74 teleseismic events (the circles) used to invert for the 
Rayleigh wave phase velocities. The star at the map center stands for our study area. Note 
that the event azimuths are well distributed. (b-d) Great circle ray paths (grey lines) in our 
study area at the periods of 25, 50, and 125 s, respectively. The ray path coverage within 
the station network (open triangles) is excellent for 50 and 125 s. Actually, the ray paths 
for the period range of 40-143 s have close coverage patterns and ray numbers (820-1000 
rays). 

 

Our 18 broadband stations consist of all STS2 instruments except for one 

CMG-3T whose instrument response was converted to STS2 before the following 

processes. In our study, we have only used the vertical component seismograms of 

Rayleigh waves to avoid the Love wave interference and the long period noise present on 

many of the horizontal components. To measure their phase velocities at different 
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frequencies, we applied to Rayleigh wave signals with 13 band-pass filters that are 

10-mHz-wide, zero-phase-shift Butterworth type with center frequencies ranging from 7 

to 50 mHz. Each filtered seismogram was manually checked to ensure that only high S/N 

ratio and coherent waveforms are retained for our tomographic inversion. The signals of 

fundamental mode Rayleigh waves were then isolated from noise and other phases using 

a boxcar window with cosine tapers at both ends. The window length is kept identical for 

all stations given any frequency-event pair. The phases and amplitudes of windowed 

Rayleigh waves were measured by a Fourier analysis, and the measured amplitudes were 

normalized for each event to eliminate the influence of the earthquake size.  

Other than the energy focusing and defocusing caused by velocity variations, two 

other categories of major effects on Rayleigh wave amplitudes need to be considered. 

The first category includes geometric spreading, anelastic attenuation and local/station 

site response that were corrected according to Yang and Forsyth (2006b). The other is the 

influence of scattering and multipathing outside the array which is discussed in the 

following section. 

 

4.3 Methodology 

In our study, we used Yang and Forsyth’s (2006a,b) method for the Rayleigh wave 

tomographic inversion. The method is featured by three advantages: (1) using two-plane 

wave approximation to account for scattering and multipathing, (2) considering both 

amplitude and phase information, and (3) inverting based on 2-D sensitivity kernels.  

Traditional surface wave tomography assumes that the incoming wave travels 
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along a great-circle path as a plane wave. It usually takes a two-station method to 

measure the phase differences and further establish a phase velocity model. But lateral 

heterogeneities between the events and stations can produce strong scattering and 

multipathing, leading to distorted traveling paths and non-planar wavefields. This 

phenomenon can be observed from the amplitude variations (or interference) across the 

network (Forsyth and Li, 2005). Due to this factor, amplitude information is ignored in 

the traditional method. However, if it is possible to account for the scattering and 

multipathing effects outside the array which bias the phase velocity solutions within the 

array, we can take advantage of both amplitude and phase measurements for the inversion. 

A two-plane wave technique (Li et al., 2003; Forsyth and Li, 2005) helps fix the problem 

by approximating the incoming wavefield with the sum/interference of two-plane waves. 

The technique provides stable solutions because it contains only 6 unknown wave 

parameters, that is, a pair of amplitudes, phases and propagation directions, far fewer than 

Friederich and Wielandt’s (1995) approximation using a set of basis functions. The 

two-plane wave technique is tested to improve the amplitude and phase misfit by ~30% 

over one-plane wave technique (Li et al., 2003; Yang and Forsyth, 2006a), and it is 

widely used for surface wave tomographic studies (e.g., Forsyth et al., 1998; Li et al., 

2003; Li and Burke, 2006; Yang and Forsyth, 2006b). We adopted this two-plane wave 

technique for our study. Considering that the technique may not be suitable for modeling 

complex wavefields, we down-weighted the input waveform data according to their 

misfit and removed those with bad misfit.   

Another assumption of traditional surface wave tomography is ray theory which 

is valid only when heterogeneity scales are large enough. Ray theory is not capable of 
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resolving velocity heterogeneities comparable to the wavelength, because in this situation, 

the sensitivity of surface waves to the heterogeneities is significant off the ray path. To 

overcome the limitation and take the finite frequency scattering effects into account, Yang 

and Forsyth (2006a) developed a method utilizing 2-D sensitivity kernels derived from 

single-scattering (Born) approximation (Zhou et al., 2004) (in conjunction with two-plane 

wave technique) for regional surface wave tomography. The sensitivity kernel function 

primarily focuses in the first two Fresnel zones and shows an overall belly shape with its 

apex at the station. It provides superior resolution than the previously used Gaussian 

sensitivity function (e.g., Forsyth et al., 1998; Li et al., 2003; Li and Burke, 2006) which 

inaccurately assumes constant sensitivity along the ray path and Gaussian-shaped 

sensitivity orthogonal to the ray path. In their resolution tests with synthetic data, Yang 

and Forsyth (2006a) demonstrated that their sensitivity kernel method can successfully 

recover the anomalies greater than or close to the wavelength. The 2-D sensitivity kernel 

at a given frequency is a function of both the reference phase velocity and the isolation 

window used for data processing. Here we skip the theory and the mathematical 

calculation of sensitivity kernels. Refer to Yang and Forsyth’s (2006a,b) papers for the 

details. 

Surface wave phase velocity C  in a uniformly slightly anisotropic medium 

depends on both frequency   and azimuth  :  

)2sin()()2cos()()(),( 210  AAAC  ,      (4-1) 

where  is the azimuthally averaged phase velocity (i.e., isotropic component),  

and  are azimuthal anisotropic coefficients, and the high-order terms are neglected 
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(Smith and Dahlen, 1973). The phase delay   and the relative amplitude variation 

Aln  due to finite frequency scattering effects are defined as: 
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where  is the phase velocity perturbation,  is the average phase velocity, 

 and  are 2-D phase and amplitude sensitivity kernels, respectively, 

and the integration area  is over the whole study region on the Earth surface. 
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We parameterized our study area with a total of 300 grid nodes with 0.5° × 0.5° 

spacing. It is important to extend our nodes beyond the station-covered area, so it allows 

the outer nodes to absorb some wavefield effects that are not completely described by 

two-plane waves. For the same purpose, a larger a-priori error was assigned to the edge 

nodes than the station-covered nodes during the inversion to permit less constrained 

solutions at the edge nodes. The phase velocity at any point between the nodes in our 

study area is expressed by an interpolated value of the velocities at the surrounding nodes 

using a 2-D Gaussian weighting function. The width Lw of the weighting function plays 

an important role in balancing the smoothness and resolution of the velocity model. 

Based on trial-and-error, we chose Lw as 100 km. Other than the parameter Lw, two 

a-priori variance values serving as damping terms were also assigned to each node in our 

inversion to control the solutions of velocity and anisotropy, respectively. 

Two-stage inversion is adopted in our study to resolve the incoming wavefield 
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parameters as well as the velocity and anisotropy parameters ( ,  and ) at each 

grid node using amplitude and phase data recorded at stations. For the first stage, the 

velocity model is fixed and only the wavefield parameters are resolved by a simulated 

annealing method. In the second stage, all of the unknowns including wavefield 

parameters, velocity and anisotropy parameters, attenuation coefficients, and site 

responses are resolved based on a standard linear inversion method (Tarantola and Valette, 

1982). Typically, the inversion process converges within 10 iterations. More information 

regarding the inversion is provided by Forsyth and Li (2005) and Yang and Forsyth 

(2006a,b). 

0A 1A 2A

 

4.4 Results 

4.4.1 1-D phase velocity model 

Before resolving 2-D phase velocity variations, we need to obtain an initial 1-D 

velocity model by inverting for the uniform phase velocities in the entire study area. 

Figure 4.3 shows the calculated average dispersion curve at 13 periods that varies from 

3.312 km/s at 20 s to 4.218 km/s at 143 s. Because only one velocity model parameter is 

resolved for each period, the solutions are well constrained with very small standard 

deviations (0.004-0.008 km/s). The dispersion curve shows a consistent shape of concave 

downward, indicating non-existence of a low-velocity zone. A slope change at 33-50 s or 

~40 s may correspond to the crust-mantle transition, where the surface wave sensitivity 

range shifts from both crust and mantle to mainly mantle.  
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Figure 4.3 Average Rayleigh wave phase velocities in our study area at 13 periods 
ranging from 20 to 143 s. This 1-D dispersion curve is used as an initial model for the 
inversions of 2-D phase velocity model (Figure 4.4) and 1-D shear wave velocity model 
(Figure 4.5). Error bars show the two standard deviations from the mean. 

 

 

4.4.2 2-D phase velocity model 

Using the above initial velocity model, we inverted for the lateral variations of 

isotropic phase velocities (  in equation (4-1)) at each grid node for different periods. 

For the plotting purpose, we interpolated the phase velocities at finer grids (0.05° × 0.05°) 

by using the same Gaussian weighting function (Lw = 100 km). The interpolated velocity 

maps are actually identical to those measured during the inversion. Figure 4.4a-k shows 

the result of the 2-D phase velocity model at the periods of 20, 25, 33, 40, 50, 67, 80, 100, 

111, 125, and 143 s. Rayleigh wave phase velocities at different periods reflect the 

integrated shear velocity information over different depth ranges with the maximum 

sensitivity at the depth of ~1/3 wavelength. Due to the overlaps of sampling depths, the 

phase velocity maps show gradual changes among adjacent periods. 

0A
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Figure 4.4 Maps of 2-D isotropic Rayleigh wave phase velocities (a-k) and the phase 
velocity uncertainties at 50 s (l). We resolved the lateral phase velocity variations at 13 
periods ranging from 20 to 143 s. Eleven of them are displayed here: (a) 20 s, (b) 25 s, (c) 
33 s, (d) 40 s, (e) 50 s, (f) 67 s, (g) 80 s, (h) 100 s, (i) 111 s, (j) 125 s, and (k) 143 s. Note 
that the plotting area (31.5°-37.5° N, 100.5°-109° E) is slightly smaller than the inversion 
area in Figure 4.1b. Velocity perturbations are calculated relative to the average phase 
velocities shown in Figure 4.3. The poorly constrained edge areas of the velocity maps 
are masked by the 1.0% standard error contour at 50 s (l). Actually, the error maps at the 
period range of 40-143 s are very close because the ray paths at those periods are similar. 
The white lines are the tectonic boundaries as in Figure 4.1b. 
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The average crust thickness in our study area is ~50 km (see the discussion in the 

next section). The 20-33 s Rayleigh waves have the maximum sensitivity at the depths of 

~22-40 km and primarily sample the crust velocity variations. The major feature is the 

low-velocity Tibet on the west and the high-velocity structure on the east, with a velocity 

contrast up to 8%. The sharp boundary at ~105° longitude seems to delineate the 

northeastern edge of the Tibetan Plateau. For the periods of 40-67 s, the largest sensitivity 

of the Rayleigh waves varies from the depth of ~50 km to ~88 km. As the maximum 

sensitivity depths shift from the lower crust to the lithospheric mantle, the amplitudes of 

both low-velocity and high-velocity anomalies decrease, with their boundary still fixed at 

~105° longitude. The velocity pattern changes at high periods. At the periods of 100-143 

s, whose greatest sensitivity occurs at ~136-201 km, a low-velocity (up to 1%) channel 

along the Qilian-Qinling Orogen appears. It penetrates the gap between the Ordos Plateau 

and the Sichuan Basin, and connects the west with the east.  

The standard errors of phase velocities at different periods are estimated from the 

model covariance matrices and the weighting function. All of these standard error maps 

share a similar pattern with error values increasing from the center (station-covered area) 

to the edge of the study area. An example of standard error map at 50 s period is shown in 

Figure 4.4l. Actually, the error maps at the periods of 40-143 s are very close because of 

the similar ray paths and coverage at those periods (Figure 4.2b-d). The 1.0% error 

contour in Figure 4.4l is used to mask the poorly constrained edge areas of our 2-D phase 

velocity model (Figure 4.4a-k). 
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4.4.3 1-D shear wave velocity model  

For the purpose of geological interpretation, we need to convert the phase 

velocities to the shear wave velocities, so the velocity information for a given depth range 

can be isolated. Rayleigh wave phase velocities rely majorly on S wave velocities, 

instead of P wave velocities and density. Therefore we can assume a constant Poisson’s 

ratio and only invert for the S wave velocity structure. During the inversion, Saito’s (1988) 

algorithm is used to calculate the partial derivatives of phase velocities with respect to 

model parameters (i.e., P and S wave velocities) and the synthetic phase velocities that 

best fit the real phase data. Because the inversion process is non-linear and 

underdetermined, we assigned a-priori constraints, that is, a correlation coefficient and a 

standard error value to the diagonal and off-diagonal components of the model 

covariance matrix, respectively, to allow damping and vertical smoothing during the 

inversion. The average shear wave velocity model in our study area is first resolved to 

serve as an initial model for the next step of 3-D inversion. 

Due to the large tradeoff between the Moho depth and the seismic velocity 

structure adjacent to the Moho discontinuity, we took the a-priori information of crust 

thickness for our 1-D inversion. Receiver function studies (Li et al., 2006b; Duan et al., 

2007; Tong et al., 2007; Lou et al., 2009) suggest an average Moho depth at ~50 km in 

our study area (Figure 4.6i). Li et al.’s (2006b) stations cover a large part of our central 

study area with the Moho depths varying from 44 km to 56 km. Duan et al.’s (2007) 

receiver function analysis on a N-S array of 22 stations at ~103° longitude yields an 

approximately flat Moho at 50 km. Tong et al.’s (2007) 13-station array crossing the 

southwestern edge of the Ordos Plateau produces close crust thickness values (49-55 km) 
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Figure 4.5 Average shear wave velocities (solid line) in our study area. This model is 
obtained by inverting average phase velocities in Figure 4.3 with the crust thickness fixed 
at 50 km. The starting model for the inversion is a slightly modified AK135 velocity 
model (dashed line). The resolved 1-D shear wave velocities are lower than the AK135 
reference velocities. Our resolved 1-D model is then adopted as an initial model for the 
2-D inversion of shear wave velocities (Figure 4.6). 

 

with a mean of 52 km. Lou et al.’s (2009) study shows that the Moho depths change from 

40 km in the western Sichuan Basin to 56 km in the Songpan-Ganzi terrane. Other than 

the receiver function results, a summation of deep seismic sounding data in China (Li et 

al., 2006a) gives ~50 km of the average Moho depth in our study area as well. Therefore 

we fixed the crust thickness at 50 km for our 1-D shear wave velocity inversion. We 

slightly modified the AK135 model (Kennett et al., 1995) to create our 1-D initial model 

which primarily contains 25-km-thick layers. During the inversion, it is reasonable to 

allow the 1-D velocities to vary down to 410 km because the average velocities are well 

constrained. The result is shown in Figure 4.5, where we can see the resolved average 

shear wave velocities are smaller than those in the reference AK135 model. It suggests 

that partial melting may occur widely in our study area. 
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4.4.4 3-D shear wave velocity model  

We obtained our 3-D shear wave velocity model by applying the previous 1-D 

inversion method (section 4.4.3) to each map point in our study area. During the 

inversion, the shear wave velocities are fixed below 200 km where Rayleigh wave data 

do not have sufficient resolution to determine the lateral velocity variations reliably. The 

initial model for the map point inversion is our optimal 1-D model (Figure 4.5) with its 

crust thickness corrected according to the interpolated/extrapolated Moho depths from 

receiver function analyses (Li et al., 2006b; Duan et al., 2007; Tong et al., 2007; Lou et 

al., 2009) (Figure 4.6i). The corrected Moho depths vary from 40 km to 56 km in our 

study area, and the upper crust thickness is defined to be half of the Moho depth. Again, 

both upper crust and lower crust thicknesses are fixed during the map point inversion. 

It is important to note that the Moho depths vary dramatically and abruptly in our 

study area (Figure 4.6i), and the resolved shear wave velocity structure adjacent to the 

Moho discontinuity is highly depending on the crust thickness values specified in the 

initial models. Due to the limited constraints from the available receiver function data, 

the resolved small velocity anomalies around the Moho could be artifacts due to potential 

errors in our a-priori crust thickness map. Therefore, we only interpreted the first-order 

features in the first 100 km of the resolved velocity model. We have tested our 3-D shear 

wave velocity model by using different Moho depth maps including Li et al.’s (2006a) 

Moho map as well as a flat 50 km Moho map, but found that the resolved structures 

beneath 100 km are only slightly affected by the choices of the crust thickness maps.  

The results of 3-D shear wave velocities are shown in Figure 4.6a-h with a similar 

pattern to our phase velocity maps (Figure 4.4a-k). For the depths of 0-100 km, the 
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first-order feature of the shear wave velocity model is still the low-velocity (up to -4%) 

northeastern Tibet and the high-velocity (up to 3%) eastern study area. The major  

 

 

Figure 4.6 Maps of 2-D isotropic shear wave velocities (a-h) and Moho depths (i) in our 
study area. The shear wave velocity model is constructed by inverting the dispersion 
curve at each map point. The shear wave velocities at 0-200 km are resolved with the rest 
fixed during the inversion. The initial model for the inversion is adopted from Figure 4.5 
with the Moho depth corrected according to the receiver function results (i). Figure (a) 
layer (upper crust) is from the surface to half of the Moho depth. Figure (b) layer (lower 
crust) is from half of the Moho depth to the Moho depth. Figure (i) shows the Moho 
depths from the receiver function analyses. Red, green, blue and purple triangles stand for 
the stations from Tong et al. (2007), Duan et al. (2007), Li et al. (2006b) and Lou et al. 
(2009), respectively. The adjacent numbers are Moho depths in kilometers. 
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difference between the phase and shear wave velocity models is the high-velocity 

anomaly shifted eastwards in the latter model. For the depths of 125-200 km, the shear 

wave velocity model still indicates a low-velocity (up to -1%) channel along the 

Qilian-Qinling Orogen existing between the Ordos and Sichuan blocks, similar to our 

phase velocity model. Since our average shear wave velocities at 125-200 km are 1-1.5% 

lower than those of the global AK135 model (Figure 4.5), the low-velocity channel may 

be up to 2.5% lower than the global average velocity.   

 

4.4.5 1-D anisotropy model 

Unlike shear wave splitting measurements characterized by poor vertical 

resolution, the anisotropy analysis using surface waves provides valuable vertical 

information because surface waves are sensitive to different depth ranges at different 

periods. To find the azimuthal anisotropy features of Rayleigh waves at those 13 periods 

in our study area, we performed another inversion simultaneously resolving for the 

velocity coefficient  and the anisotropy coefficients  and  in equation (4-1). 

The percentage of anisotropy magnitude (the difference in the velocities between the fast 

and slow directions divided by the isotropic velocity) is then measured by the formula 
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technique (Clifford, 1975). Although anisotropy terms are introduced, the resolved 

velocity image is very close to the result (section 4.4.2 and Figure 4.4) after the inversion 

with only isotropic terms. The fact is probably due to the even azimuthal coverage of our 

ray paths.  

Theoretically, 2-D anisotropy can be resolved at each grid node, but this nearly 

triples the number of unknowns during the inversion that can cause instability in our 

solutions. In order to test the stability of our anisotropy models, we performed two 

inversions. First, we resolved for the uniform azimuthal anisotropy in the whole study 

area that varies only with periods (Figure 4.7a). The result shows a consistent NNW-SSE 

fast direction for all the periods and increasing anisotropy amplitudes from ~1% at 22-80 

s to ~3% at 100-143 s. For the second inversion, we divided the study area into only two 

sub-regions because of the limited station number. Each sub-region is assumed to be 

uniformly anisotropic. We tested on a series of different division boundaries that split the 

study area into western and eastern sub-regions, or northern and southern sub-regions. 

The results show that a splitting line at 34° latitude (Figure 4.1b) yields stable and 

coherent solutions. The resolved anisotropy parameters for the northern and southern 

study areas are plotted in Figure 4.7b and 4.7c, respectively. The northern sub-region still 

demonstrates a consistent NNW-SSE fast direction (Figure 4.7b), as the first inversion 

does (Figure 4.7a), but it has a different pattern of amplitudes that are all strong (2-3%) 

and close in values. On the contrary, the southern sub-region is featured by weak 

anisotropy (< 1.5%) for all the periods (Figure 4.7c). The anisotropy at the periods of 

20-50 s shares a common NE-SW fast direction (with the amplitudes of ~1%) which is 

approximately orthogonal to the fast direction in Figure 4.7a and 4.7b. The anisotropy  
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Figure 4.7 Variations of average azimuthal anisotropy with periods in the whole study 
area (a), the northern study area (b), and the southern study area (c). The result (a) was 
resolved by assuming uniform anisotropy in the whole study area that varies only with 
periods. The results (b) and (c) were resolved simultaneously in another inversion by 
splitting the whole study area into two sub-regions with a boundary at 34° latitude 
(dashed white line in Figure 4.1b). Each sub-region is assumed to be uniformly 
anisotropic. For each period in Figures (a), (b) and (c), the percentage of anisotropy 
magnitude is represented by the vertical axis, and the fast direction of azimuthal 
anisotropy is represented by the orientation of a slanted black bar as in a map view with 
North pointing up. One standard deviations of the anisotropy magnitude and fast 
direction are depicted by a pair of vertical and slanted grey bars, respectively. 
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orientation then changes to nearly W-E at 67 and 80 s. At higher periods (100-143 s), the 

anisotropy becomes very weak (< 1%) and not well constrained, but its fast directions 

generally agree with Figure 4.7a and 4.7b. Based on the two inversions, we can tell that 

our anisotropy originates largely from the northern study area, and the magnitudes of 

dominant anisotropy at high periods are equal or larger than those at low-medium periods. 

Based on the observations of coherent anisotropy changes along periods and small fast 

direction error bounds in both Figure 4.7b and 4.7c, we propose a distinct change in the 

anisotropic fabrics at 34° latitude or at the location of the Qinling Orogen. 

 

4.5 Discussion  

Both our 2-D phase velocity model (Figure 4.4) and shear wave velocity model 

(Figure 4.6) reveal some interesting anomalies within our study area. The patterns of the 

velocity variations fall into two categories: (1) short periods (20-67 s) or 0-100 km; (2) 

long periods (100-143 s) or 125-200 km. According to An and Shi (2007), the lithosphere 

thickness beneath the northeastern Tibetan Plateau and the Qinling Orogen is ~120-150 

km. So the velocity pattern change may be related to the transition from the lithosphere to 

the asthenosphere in our study area.  

The phase velocity maps at the periods of 20-67 s (Figure 4.4a-f) show a 

prominent low-velocity (up to -4%) anomaly beneath the northeastern Tibetan Plateau 

with a boundary at ~105° longitude. The same low-velocity (up to -4%) zone also appears 

in the shear wave velocity maps from surface to 100 km (Figure 4.6a-d). The northeastern 

Tibetan Plateau is dominated by highly deformed orogenic belts and fold zones (the 
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Qilian Orogen, the Qinling Orogen, and the Songpan-Ganzi fold zone), and the 

associated low-velocity anomaly may present weak crust and lithosphere. The continental 

flow has also been proposed to occur broadly in this low-velocity area (Royden et al., 

1997; Clark and Royden, 2000; Clark et al., 2005; Royden et al., 2008; Flesch et al., 2005; 

Chang et al., 2008; Wang et al., 2008). On the contrary, our eastern study area including 

the Ordos Plateau and the Sichuan Basin shows fast velocities in the lithosphere (0-100 

km). The phase velocity maps at the periods of 20-67 s (Figure 4.4a-f) image the highest 

velocity (up to 4%) anomaly next to the boundary of northeastern Tibet, i.e., from the 

Longmenshan Fault to the southwestern edge of the Ordos Plateau. This anomaly 

primarily reflects the crust structure because both its size and amplitude decrease 

dramatically at 50-67 s (Figure 4.4e-f) whose largest sensitivity shifts to the depths 

(~64-88 km) below the Moho. According to the receiver function results (Li et al., 2006b; 

Duan et al., 2007; Tong et al., 2007; Lou et al., 2009) (Figure 4.6i), the shallowest Moho 

matches the highest-velocity anomaly in our study area, so the anomaly is most likely 

caused by sampling more mantle structures compared to where the Moho is deeper. The 

influence of the Moho depths to the phase velocities is also demonstrated by the fact that 

this pronounced high-velocity anomaly becomes damped or shifted (Figure 4.6a-d) when 

converted to the shear wave velocities. When taking the crust thickness into account, the 

highest shear wave velocity anomaly is shifted eastwards for the depths of 0-100 km 

(Figure 4.6a-d). The Ordos Plateau and the Sichuan Basin are overall featured by high 

lithospheric velocities because they are old and stable blocks with little deformation and 

few earthquakes (Figure 4.1b). As a summary for the lithospheric structure, we observed 

a clear velocity boundary at ~105° longitude that splits the low-velocity northeastern 
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Tibet from the high-velocity Ordos and Sichuan blocks. The same lithospheric velocity 

pattern has also been imaged by many other tomographic studies using Pn and Sn waves 

(Liang and Song, 2006; Pei et al., 2007), P waves (Huang and Zhao, 2006; Li et al., 2008), 

S waves (Sun et al., 2008), Rayleigh waves (Su et al., 2008), and ambient noise surface 

waves (Li et al., 2009), although their study areas are much larger or vary somewhat from 

ours.  

The phase velocity pattern at the periods of 100-143 s (Figure 4.4h-k) changes 

from that at short periods. The long period maps show a low-velocity (up to -1%) channel 

along the Qilian-Qinling Orogen that connects the western study area with the eastern 

study area. The channel seems to be bounded by the high-velocity blocks of the Ordos 

Plateau and the Sichuan Basin. It keeps the similar shape in our shear wave velocity 

model that spans the depths of 125-200 km (Figure 4.6f-h). The low-velocity channel is 

also observed at 200-300 km in large-scale P wave velocity models (Liu et al., 2004; 

Huang and Zhao, 2006; Li et al., 2008). Given the deep lithospheric roots of the Ordos 

and Sichuan blocks (Huang and Zhao, 2006; Pei et al., 2007), the gap between them is 

likely to serve as an ideal passage for the escaping flow as the continental material is 

pushed eastwards. Our results indicate that the injection of the low-velocity material 

between the Ordos and Sichuan blocks starts at 125 km and extends to the bottom of our 

model. Although our tomography does not provide sufficient resolution below 200 km, 

other tomographic studies show that the W-E trending low-velocity channel becomes 

massive beneath 300 km, even expanding the Ordos Plateau and the Sichuan Basin (Liu 

et al., 2004; Huang et al., 2006; Li et al., 2008). The low-velocity channel is suggestive of 

a deep ductile flow eastward in the asthenosphere, but for further confirmation, we need 
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the constraints from the anisotropy data to see if the corresponding deformation indeed 

exists.  

Figures 4.7a-c show that the anisotropy in our study area can be divided into the 

northern and southern sub-regions along the Qinling Orogen. The prevailing shear wave 

polarization direction is NNW-SSE and primarily contributed from the northern study 

area above 34° latitude. The polarization direction generally agrees with those from a 

Rayleigh wave anisotropy study (Su et al., 2008), SKS splitting analyses (Chang et al., 

2008; Wang et al., 2008), and the predicted strain (Flesch et al., 2005; Wang et al., 2008) 

from GPS measurements. The consistency plus the fact that our dominant fast direction 

(NNW-SSE) does not vary with periods (Figure 4.7a,b) indicates vertically coherent 

deformation. The deformation is likely linked to the continental flow southeastward 

caused by the escape tectonics. Our southern study area yields small anisotropy for all the 

periods that splits into two polarization trends (Figure 4.7c): the NE-SW and W-E fast 

directions for short-medium periods (20-80 s) that deviate from the dominant NNW-SSE 

direction, and the NNW-SSE fast direction for long periods (100-143 s) whose anisotropy 

amount (~0.5%) is within our error estimates. Chang et al.’s (2008) SKS splitting data 

also indicate complicated fast directions including both NE-SW and NW-SE orientations 

in this sub-region. Our weak and multi-orientated anisotropy in the southern area is 

probably caused by the obstacle of the Sichuan block with its western boundary almost 

perpendicular to the dominant extrusion direction.  

The Qinling Orogen is the collision boundary between the North China and South 

China blocks, and the SKS splitting results (Chang et al., 2008; Hang et al., 2008; Wang 

et al., 2008) show strike-parallel fast directions along the Qinling (Figure 4.1b). Although 
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the lithospheric deformation caused by the collision may explain the anisotropy 

orientation, Huang et al. (2008) conclude that the asthenospheric deformation needs to 

contribute largely because the Qinling lithosphere (≤ 150 km thick) alone does not 

account for some extra-large delay times (≥ 1.8 s). Huang et al. (2008) further propose 

that the most likely candidate for the large anisotropy is the asthenospheric flow along the 

Qinling channel produced by the extrusion tectonics. This is consistent with the imaged 

asthenospheric low-velocity channel along the Qilian-Qinling Orogen in our tomographic 

results. So it is likely that as the extruded continent moves towards east-southeast, some 

in the asthenosphere indeed passes eastwards through the gap between the Ordos and 

Sichuan blocks. The anisotropy mechanism beneath the Sichuan Basin and its western 

boundary is not clear, because our anisotropy model and the SKS splitting data both show 

two different fast directions with one orthogonal to the other. 

Different hypotheses have been proposed regarding the depth extent that the 

escaping flow occurs at. Roydon et al. (Royden et al., 1997; Clark and Royden, 2000; 

Clark et al., 2005) suggest that the extrusion is accommodated by the ductile flow 

primarily confined within the lower crust. However, the shear wave splitting data and the 

predicted strain field from GPS observations are very consistent in our study area, 

indicating coherent deformation between the crust and mantle (Flesch et al., 2005; Chang 

et al., 2008; Wang et al., 2008). During a test where the asthenospheric deformation was 

introduced, Flesch et al. (2005) found a large misfit for the resolved anisotropy model 

using the SKS splitting and surface deformation data, so they advocate that the anisotropy 

is dominantly lithospheric in the Tibetan Plateau. However, our anisotropy model (Figure 

4.7a) shows a uniform dominant NNW-SSE fast direction for all the periods (20-143 s), 
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and the anisotropy amplitudes at long periods are at least as large as at short periods. This 

fact reflects consistent deformation in our study area from the crust to the depth of 200 

km which is probably caused by the escape tectonics. Because the lithosphere in the 

northeastern Tibetan Plateau is ~120-150 km thick (An and Shi, 2007), the strong 

anisotropy (~2.7%) at 100-143 s in our model (Figure 4.7a,b) is suggestive of a 

significant portion of anisotropic fabrics in the asthenospheric mantle. Huang et al.’s 

(2006) and Chang el al.’s (2008) shear wave splitting analyses also record a few large 

delay times that are no less than 1.8 s and 1.4 s, respectively (Figure 4.1b), which require 

the existence of the asthenospheric deformation.  

Last, our velocity model may explain some aspects of the intense intraplate 

earthquakes in our study area. Numerous earthquakes occurred on the margins of and to 

the west of the Ordos Plateau and the Sichuan Basin that are old and rigid blocks with 

little interior seismicity (Figure 4.1b). Most significant intraplate earthquakes are located 

close to 105° longitude, including the catastrophic 1920 Haiyuan (M~7.8) and 2008 

Wenchuan (M~7.9) earthquakes. This most active seismic zone matches our lithospheric 

velocity boundary at ~105° longitude that separates the low-velocity northeastern Tibet 

from the high-velocity Ordos and Sichuan blocks (Figure 4.1b). Studies on the major 

intraplate seismic zones in the eastern United States (Zhang et al., 2009a,b) suggest that 

the lithospheric structure is the key to understand the intraplate seismicity where the 

theory of plate tectonics does not apply. Intraplate earthquakes tend to gather at the 

location of weak lithosphere (low-velocity zone) surrounding the strong lithosphere (very 

high-velocity zone) where the rheological contrast may cause stress accumulation and 

further trigger large earthquakes. This theory seems to be true considering the intraplate 
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earthquake distribution in our study area. Besides the factor of the lithospheric velocity 

contrast, the extrusion tectonics may also contribute to the occurrence of dense intraplate 

seismicity. 

 

4.6 Conclusions 

We have used Rayleigh wave tomography with a two-plane wave approach and a 

sensitivity kernel inversion to image the velocity and anisotropy structures beneath the 

northeastern Tibetan Plateau. Our phase velocity and shear wave velocity models both 

indicate that the lithosphere (0-100 km) in our study area can be divided into the 

low-velocity northeastern Tibetan Plateau and the high-velocity Ordos and Sichuan 

blocks with a sharp boundary at ~105° longitude. On the other hand, in the asthenosphere 

(125-200 km), we observe a low-velocity channel along the Qilian-Qinling Orogen that 

passes through the gap between the Ordos Plateau and the Sichuan Basin. We interpret it 

to be associated with the asthenospheric flow caused by the extrusion of the Tibet 

continent as a result of the Indo-Eurasia collision. Our anisotropy model in the whole 

study area shows a uniform NNW-SSE fast direction for all the periods (20-143 s) with 

large anisotropy amount at long periods (100-143 s). Our fast direction generally matches 

both SKS splitting data and the predicted strain field from GPS measurements. It suggests 

that the deformation occurs coherently from the crust to the asthenosphere in our study 

area with large deformation in the asthenosphere that may be related to the escape 

tectonics. Last, most large intraplate earthquakes in our study area appear to follow the 

boundary between the thin and thick lithospheric blocks at ~105° longitude. The 
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rheological difference together with the extrusion may trigger intense seismicity on the 

northeastern margin of the Tibetan Plateau. 
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CHAPTER 5: CONCLUSIONS 

5.1 Conclusions 

To investigate the nature and cause of the intraplate earthquakes, I used seismic 

tomography approaches to establish the velocity and anisotropy models of some of the 

most significant intraplate seismic zones in the world. My first study on Pn tomography in 

the Central and Eastern United States (CEUS) reveals a strong correlation between the 

edges of the high-velocity anomalies in the lithospheric mantle with the locations of major 

intraplate seismic zones (the New Madrid seismic zone, the East Tennessee seismic zone, 

the Charleston seismic zone, and the New England seismic zone). This correlation may be 

explained by the stress concentration near the rheological boundaries in the lithosphere. 

My Pn anisotropy results also indicate focused mantle flow around the edges of the 

high-velocity blocks. Such mantle shearing zones may further contribute to the stress 

localization and intraplate seismicity in the CEUS. On the other hand, my Pn tomograhpic 

model does not support the perception that the ancient rifts in the CEUS are linked to 

low-velocity anomalies (presumably weak zones) in the lithospheric mantle. Based on the 

lack of spatial association between the ancient rifts and the major intraplate seismic zones 

in the CEUS, I suggest that the ancient rifts are not the primary factor causing the large 

seismic events in the CEUS. 

My second study has modeled the lithospheric velocity structure of the New 

Madrid seismic zone (NMSZ) using a combination of teleseismic P and local P 

travel-time data. The tomographic results show that the NMSZ seismicity and faults are 
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underlain by a localized low-velocity anomaly in the lower crust and upper mantle which 

is primarily confined within and parallel to the Reelfoot rift. On the other hand, my 

results do not show a compelling evidence for dense mafic intrusions in the lower crust 

that have been proposed. The low-velocity anomaly under the NMSZ may represent a 

deep shear zone at rheological boundaries, considering the results from the previous Pn 

tomography. Such a weak zone could shift stress to the upper crust, and thus helps 

explain the repeated shallow earthquakes in the NMSZ where the present-day strain rate 

is near zero.  

 My third study has used Rayleigh wave tomography to image the velocity and 

anisotropy structures beneath the northeastern Tibetan Plateau where intense intraplate 

seismicity occurred. My velocity models indicate that the lithosphere (0-100 km) can be 

divided into the low-velocity northeastern Tibetan Plateau and the high-velocity Ordos 

and Sichuan blocks with a sharp boundary at ~105° longitude. In the asthenosphere 

(125-200 km), I observe a low-velocity channel along the Qilian-Qinling Orogen that 

passes through the gap between the Ordos Plateau and the Sichuan Basin. It is probably 

associated with the asthenospheric flow caused by the extrusion. My anisotropy model in 

the whole study area shows a uniform NNW-SSE fast direction for all the periods 

(20-143 s) with large anisotropy amount at long periods (100-143 s). The fast direction 

generally matches both SKS splitting data and the predicted strain field from GPS 

measurements. It suggests that the deformation occurs coherently from the crust to the 

asthenosphere in the study area with large deformation in the asthenosphere that may be 

related to the escape tectonics. Last, most large intraplate earthquakes in the study area 

appear to follow the boundary between the thin and thick lithospheric blocks at ~105° 
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longitude. The rheological difference together with the extrusion may trigger intense 

seismicity on the northeastern margin of the Tibetan Plateau. 

All of the above three studies point to the idea that the lithospheric velocity 

contrast plays an important role for the occurrence of intraplate earthquakes. The high 

and low velocity boundary may present a rheological transition zone that separates the 

strong and weak lithosphere. Kusznir and Park's (1982, 1984) mathematical modeling has 

shown that a structure of ductile/weak lower lithosphere and brittle/strong upper 

lithosphere can cause stress decay and amplification in the lower and upper lithosphere, 

respectively. Such a stress shift process could contribute to the stress accumulation at the 

edge of the brittle lithosphere, and further cause complete fractures or a whole lithosphere 

failure. This idea matches my velocity model in the NMSZ where the velocity contrast 

(presumably rheological contrast) probably transfers the stress upwards to the relatively 

high-velocity upper crust and triggers significant intraplate earthquakes. This stress 

amplification theory applies to the lateral velocity boundaries too, where the intraplate 

earthquakes are concentrated. Li et al.'s (2007) numerical calculation has predicted large 

Coulomb stress focused in the areas of relatively thin lithosphere, around the margin of 

thick lithospheric roots. The stress accumulation process is a function of the geothermal 

structure in the lithosphere. For very weak or "hot" lithosphere, only small applied stress 

and time are required to cause geologically significant deformation. An alternative 

thought is that the mantle flow around thick lithospheric roots may cause deformation at 

the edges of the rigid lithosphere. For example, Fouch et al.'s (2000) SKS splitting data 

indicate that significant anisotropy occurs around the lithospheric root beneath the North 

American craton. This sub-lithospheric flow occurs deeply and its influence on the crust 
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may not be as significant as the previous mechanism. 
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